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Understanding the Earth’s evolution is a fundamental goal of geophysics. The 
mantle plays the key role in understanding the Earth’s evolution. The convective 
planform of the mantle influences the energy exchange of the core on the core-mantle 
boundary (CMB) and hence the geodynamo process, determines the heat release and 
hence the thermal evolution of the Earth, and shapes the long wavelength topography 
on the surface of the Earth. Given the observationally constrained mantle viscosity 
structure, and realistic convective vigor and internal heating rate, the numerical 
modeling of mantle convection shows that the mobile-lid mantle convection is 
characterized by either a spherical harmonic degree-1 planform with a major 
upwelling in one hemisphere and a major downwelling in the other hemisphere when 
continents are absent, or a degree-2 planform with two antipodal major upwellings 
when a supercontinent is present. The Earth’s mantle evolves from one to the other of 
these two modes due to modulation of continents, causing the cyclic processes of 
assembly and breakup of supercontinents. However, to constrain the realistically 
temporal evolution of mantle convection, other observations such as the time-
dependent plate motion and geological records are needed. I reconstruct a proxy 
model for global plate motion for the last 450 Myr. Using the proxy plate motion 
model as time dependent boundary conditions, I reproduce well the basic features of 
the present-day mantle structure including the African and Pacific superplumes and 
chemical piles, and a predominantly degree 2 structure throughout the lower mantle. I 
 iii
 iv
further demonstrate that the mantle in the African hemisphere around the Pangea time 
is predominated by cold downwellings resulting from the convergence between 
Gondwana and Laurussia, consistent with the 1-2-1 cyclic model from the numerical 
modeling of mantle convection. Based on the evolution of the three-dimensional 
mantle structures, I reconstruct tempo-spatial evolutions of the surface and CMB heat 
fluxes, and the dynamic topography since the Paleozoic. My result shows that the 
surface heat flux increases by ~16% from 200 to 120 Ma ago as a result of Pangea 
breakup and the equatorial CMB heat flux has two minima that coincide with the 
Kiaman (316-262 Ma) and Cretaceous (118-83 Ma) Superchrons, respectively, and 
may be responsible for the Superchrons. My results of the dynamic topography show 
that the Slave Craton subsided when the major downwelling occupied the mantle 
beneath North America, while Sao Francisco Craton, Kaapvaal Craton, and Yilgarn 
Craton were supported by the large scale upwellings in the mantle beneath the very 
south of Pangea around 330 Ma during Pangea formation. After Pangea formed, Slave 
Craton started to uplift as the major downwelling heated up with time and and were 
controlled by the subductions close to it. Sao Francisco Craton and Kaapvaal Craton 
kept uplifting due to the returning African Superplume. My reconstructed dynamic 
topography history compares well with the vertical motion history of Slave Craton 
indicated by the thermochronometry study. 
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Chapter 1 Introduction 
 
A Model for the Large-scale Evolution of Mantle Structure, Surface and Core-
mantle Boundary Heat Fluxes and Sruface Vertical Motions since the Early Paleozoic. 
The Earth’s surface evolution is predominated by the assembly and break-up of 
supercontinents. The reconstructed assemblies and break-ups of Pangea, Rodinia, and 
probably Columbia are believed as the cyclic process because they occurred 
periodically and the time intervals between them are almost constant (Li et al., 2008; 
Rogers and Santosh, 2008). On the other hand, the evolution of the Earth’s mantle is 
more difficult to constrain. While the seismic tomography study and gravity 
observation indicate that the Earth’s present-day mantle structure is characterized by 
African and Pacific seismically slow velocity anomalies (i.e., superplumes) and 
circum-Pacific seismically fast anomalies (i.e., a globally spherical harmonic degree-2 
structure), the cause and time evolution of the African and Pacific superplumes and 
the degree-2 mantle structure are unclear. Two competing models have been proposed 
to explain the formation of the African and Pacific superplumes (Zhong et al., 2007; 
Torsvik et al., 2006). First, the African and Pacific superplumes have remained 
largely unchanged for at least the last 300 Ma and possibly much longer. Second, the 
African superplume is formed sometime after the formation of Pangea (i.e., at 330 Ma 
ago) and the mantle in the African hemisphere is predominated by cold downwelling 
structures before and during the assembly of Pangea, while the Pacific superplume 
has been stable for the Pangea supercontinent cycle (i.e., globally a degree-1 structure 
before the Pangea formation) (Zhong et al., 2007). 
The proposed warming of the mantle in the Africa hemisphere in the last 300 
Ma is based on our 1-2-1 cyclic model of mantle convection (Zhong et al., 2007). This 
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conceptual model suggests that mobile-lid mantle convection with observationally 
constrained mantle viscosity structure, and realistic convective vigor and internal 
heating rate is characterized by either a spherical harmonic degree-1 planform with a 
major upwelling in one hemisphere and a major downwelling in the other hemisphere 
when continents are absent, or a degree-2 planform with two antipodal major 
upwellings when a supercontinent is present. The Earth’s mantle evolves from one to 
the other of these two modes due to modulation of continents, causing the cyclic 
processes of assembly and breakup of supercontinents. This model suggests that the 
largely degree-2 structure for the present-day mantle with the Africa and Pacific 
antipodal superplumes, is a natural consequence of this dynamic process of very long-
wavelength mantle convection interacting with supercontinent Pangea. However, this 
conceptual model by Zhong et al., (2007) does not directly address other possible 
mechanisms for the supercontinent assembly. Can a supercontinent form with random 
movements of continental blocks or in mantle convection dominated by small-scale 
flow structures? In chapter 2, published as Zhang et al. (2009), I explored the 
supercontinent formation with stochastic processes and contrast them with mantle 
convection models. I found that stochastic models of continental collision may lead to 
too long formation time for supercontinents than the observed, thus suggesting a 
mantle convection control on supercontinent formation. 
In order to test Zhong et al. (2007)'s 1-2-1 evolution model, and to constrain the 
temporal evolution of mantle convection and mantle structure, other geophysical and 
geological observations in addition to the present-day seismic mantle structure and 
surface gravity are needed. An important constraint comes from the plate motion 
history (e.g., Lithgow-Bertelloni and Richards, 1998). With the plate motion history 
as the surface velocity boundary conditions, mantle convection models have been 
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constructed to study the mantle structures and surface topography (Liu et al., 2008; 
Bunge and Grand, 2000; McNamara and Zhong, 2005). However, global plate motion 
models were only reconstructed back to the Late Mesozoic (119 Ma) (Lithgow-
Bertelloni and Richards, 1998) because of the lack of adequate geological records on 
oceanic plates beyond that time. To study the proposed degree-1 structure before the 
Pangea formation (~330 Ma), one needs to reconstruct the plate motion history back 
to early Paleozoic. In chapter 3, published as Zhang et al. (2010), I construct a proxy 
model for global plate motion for the last 450 Myr that uses the geological 
observations of continents (i.e., paleo-geography) to constrain continental plate 
motions for African hemisphere, while making assumptions for plate motions in the 
Pacific hemisphere. Using the proxy plate motion model as time dependent boundary 
conditions, I reproduce well the basic features of the present-day mantle structure 
including the African and Pacific superplumes and chemical piles, and a 
predominantly degree 2 structure throughout the lower mantle. I further demonstrate 
that the mantle in the African hemisphere around the Pangea time is predominated by 
cold downwellings resulting from the convergence between Gondwana and Laurussia, 
consistent with our 1-2-1 cyclic model. 
The evolution of mantle structures controls the evolution of the surface and 
core-mantle boundary (CMB) heat fluxes that have important influences on Earth's 
thermal evolution and geodynamo processes in the core (Davies, 1999; Aubert et al., 
2008; Lay et al., 2008). Previous studies investigated Earth’s thermal evolution back 
to the Cretaceous by applying the half space cooling model to the reconstructed global 
plate motion history back to 140 Ma ago (Loyd et al., 2007; Becker et al., 2009) and 
estimated the magnitude and spatial pattern of the CMB heat flux (Leng and Zhong, 2008; 
Hernlund et al., 2005; Lay et al., 2008; Aubert et al., 2008). However, the long-term 
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variations of the surface and CMB heat fluxes remain poorly understood, particularly in 
response to supercontinent Pangea - likely the most significant global tectonic event in 
the last 500 Ma. In chapter 4, I reconstruct tempo-spatial evolution of the surface and 
CMB heat fluxes since the Paleozoic by computing the surface and CMB energy 
exchanges based on the evolution of the three-dimensional mantle structures in 
chapter 3.  This evolution of the heat fluxes includes the events of the assembly and 
break-up of supercontinent Pangea. My result shows that the surface heat flux 
increases by ~16% from 200 to 120 Ma ago as a result of Pangea breakup and the 
equatorial CMB heat flux has two minima that coincide with the Kiaman (316-262 
Ma) and Cretaceous (118-83 Ma) Superchrons, respectively, and may be responsible 
for the Superchrons.  
The evolution of mantle structures also controls the time variation of the long 
wave-length surface topography that have large influence on the uplift or subsidence 
history of continents (Liu et al., 2008; Gurnis, 1993). This long wave-length 
topography driven by the mantle flow is often called dynamic topography because it 
is transient and changes with the mantle flow. The dynamic topography is different 
from the topography associated with orogeny and volcanic construct that are created 
mostly by isostatic compensation of crustal and lithospheric buoyancy often at 
tectonically active regions, for example, plate boundaries. Hence, the history of the 
dynamic topography is especially important for understanding the vertical motion 
history of continental regions far away from the tectonic boundaries, for example, the 
cratonic regions. In chapter 5, still based on the evolutional models of the three-
dimensional mantle structures in chapter 3, I reconstruct the dynamic topography 
histories for major cratonic regions in the world and compare some of them with the 
published vertical motion histories inferred from themochronometry data. I find that 
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the mantle structure changes associated with the assembly and break-up of Pangea 
have large influences on the vertical motion histories of major cratonic regions. My 
results show that the Slave Craton subsided when the major downwelling occupied 
the mantle beneath North America, while Sao Francisco Craton, Kaapvaal Craton, and 
Yilgarn Craton were supported by the large scale upwellings in the mantle beneath the 
very south of Pangea around 330 Ma during Pangea formation. After Pangea formed, 
Slave Craton started to uplift as the major downwelling heated up with time and were 
controlled by the subductions close to it. Sao Francisco Craton and Kaapvaal Craton 
kept uplifting due to the returning African Superplume. My reconstructed dynamic 
topography history compares well with the vertical motion history of Slave Craton 
indicated by the thermochronometry study (Ault et al., 2009). I also investigate the 
effects of the buoyancy ratio of chemical pile on the magnitude of the dynamic 
topography. The result suggests that a denser chemical pile on the CMB does not 
influence the surface dynamic topography in continents much (e.g., South Africa) 
while it reduces the dynamic topography at oceanic regions (e.g., the western Pacific). 
The dissertation is organized as following. In chapter 2 to chapter 5, I present 
four major scientific aspects explored during my thesis study. They are either 
published or in the preparation. In Chapter 6, I provide the major conclusions of this 
study. 
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Chapter 2 Supercontinent formation from stochastic collision and 
mantle convection models 
 
2.1. Summary 
The large-scale tectonics in the last billion years (Ga) are predominated by the 
assembly and breakup of supercontinents Rodinia and Pangea. The mechanisms 
controlling the assembly of supercontinents are not clear. Here, we investigate the 
assembly of a supercontinent with 1) stochastic models of randomly-moving 
continental blocks and 2) 3-D spherical models of mantle convection with continental 
blocks. For the stochastic models, we determined the time required for all the blocks 
to assemble into a single supercontinent on a spherical surface. We found that the 
assembly time from our stochastic models is significantly longer than inferred for 
Pangea and Rodinia. However, our study also suggests that the assembly time from 
stochastic models is sensitive to the rules for randomly assigning continental motion 
in the models. In our dynamic models of mantle convection, continental blocks are 
modeled as deformable and compositionally distinct materials from the mantle. We 
found that mantle convective planform has significant effects on supercontinent 
assembly. For models with moderately strong lithosphere and the lower mantle 
relative to the upper mantle that lead to degree-1 mantle convection, continental 
blocks always assemble to a supercontinent in ~250 million years (Ma) and this 
assembly time is consistent with inferred for Pangea and Rodinia. However, for 
models with intrinsically small-scale mantle flows, we found that even when 
continental blocks merge to form a supercontinent, the assembly times are too long 
and the convective structures outside of supercontinent regions are of too small 
wavelengths, compared with observed. 
 6
2.2. Introduction 
The assembly and breakup of supercontinents are fundamental processes that 
affect the Earth’s geological evolution and control the large-scale tectonics including 
the mountain building and seafloor spreading. Recent reconstructions of continental 
motions and supercontinents suggest that time scales for supercontinent cycles are 
~600 Ma with a life time of ~150 Ma for a supercontinent and 400-450 Ma for 
supercontinent breakup and assembly (Hoffman, 1991; Tosvik, 2003; Li et al., 2008). 
A Paleo-Mesoproterozoic supercontinent Columbia has been proposed to exist until 
1.5 Ga ago (Rogers and Santosh, 2002; Rogers and Santosh, 2008). After the breakup 
of Columbia, the dispersed continental blocks accreted around the margin of 
Laurentia and formed supercontinent Rodinia 900 Ma ago (Weil et al., 1998; Tosvik, 
2003; Li et al., 2004; 2008; Rino et al., 2008). Rodinia existed for ~150 Ma and 
started to break up at ~750 Ma ago. The most recent supercontinent Pangea formed 
around 320 Ma ago as Gondwana and Laurussia collided near the equator (Smith et 
al., 1981; Veevers, 2004). Similar to Rodinia, Pangea existed for ~150 Ma and started 
to break up ~175 Ma ago.  
Supercontinent processes have implications for the present-day mantle structure. 
Seismic tomography models (Su and Dziewonski, 1997; van der Hilst et al., 1997; 
Ritsma et al., 1999; Masters et al., 2000; Grand, 2002; Romanowicz and Gung, 2002) 
have showed that the present-day mantle is predominated by degree-2 structure with 
two major seismically low velocity anomalies beneath Africa and the mid-Pacific that 
are surrounded by circum-Pacific seismically fast anomalies. The African seismic 
anomaly is located where Pangea was and is suggested to be related to Pangea 
(Anderson, 1982; Hager et al., 1985). Circum-Pacific seismic anomalies are related to 
the subduction history of last 120 Ma (Lithgow-Bertelloni and Richards, 1998; Hager 
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et al., 1985) which is related to the previous subduction around Pangea (e.g., Scotese, 
1997). The Pacific anomaly, which is antipodal to the African anomaly, is suggested 
to play an important role in forming Pangea (Zhong et al., 2007). Therefore, the 
present-day mantle structure may be closely related to Pangea.  
Supercontinent processes may also have important implications for the dynamics 
of the mantle (Anderson, 1982; Gurnis, 1988). Both Pangea and Rodinia were 
surrounded by subduction zones (Scotese, 1997; Li et al., 2008; Torsvik, 2003). 
Before and during their breakup, Pangea and Rodinia experienced large-scale rifting, 
volcanism and magmatism (Hoffman, 1991; Li et al., 2008). It has been suggested 
that the volcanism and supercontinent breakup are caused by the thermal insulation 
effects of a supercontinent (Anderson, 1982; Gurnis, 1988). However, recent 
numerical modeling of supercontinent processes in three-dimensional spherical 
models suggests that return flows induced by circum-supercontinent subduction may 
play a more important role in causing the volcanism and supercontinent breakup 
(Zhong et al., 2007), consistent with previous two-dimensional modeling studies 
(Gurnis, 1988; Lowman and Jarvis, 1995). This is also supported by the inference that 
with the relatively small radiogenic heating in the depleted upper mantle, the thermal 
insulation effect is rather weak in the relatively short life times of supercontinents 
(Korenaga, 2007; Zhong et al., 2007). 
The processes responsible for supercontinent assembly are more controversial 
with two competing proposals. First, it has been suggested that a supercontinent may 
be formed as a result of collision of randomly moving continents with no explicit 
involvement of the underlying mantle (Tao and Jarvis, 2002). Modeling the collision 
of randomly moving continents using rule-based stochastic models suggested that 
such a mechanism can lead to formation of a supercontinent on time-scales of 400 Ma, 
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consistent with that observed. Second, the formation of supercontinents is considered 
as a consequence of mantle dynamics (Gurnis, 1988; Lowman and Jarvis, 1995; 
Phillips and Bunge, 2005; 2007). Using 2-D mantle convection models, Gurnis (1988) 
showed that continental blocks merge above downwellings to form a supercontinent, a 
result that is later confirmed by other 2-D (Lowman and Jarvis, 1995) or 3-D (Phillips 
and Bunge, 2005; 2007) models. Phillips and Bunge (2007) examined the effects of 
various convection parameters including internal heating on the period of 
supercontinent cycles.  
However, a relevant question that was not explicitly addressed in these dynamic 
models is the control of convective planform on supercontinent formation. Can a 
supercontinent be formed in a mantle with small-scale convective structures and 
multiple downwellings? If so, this may provide a physical basis for the stochastic 
model of Tao and Jarvis (2002) with randomly moving continental blocks, given that 
small-scale structures may not affect continental motions in a coherent way. 
Alternatively, does supercontinent formation require long-wavelength flow structure? 
How are the long-wavelength structures for supercontinent formation related to the 
present-day mantle structures?            
Some of these questions were answered in a recent study by Zhong et al. (2007). 
In a 3-D spherical model of mantle convection, Zhong et al. (2007) showed that with 
relatively realistic mantle viscosity (i.e., moderately high viscosities for both 
lithosphere and lower mantle, relative to the upper mantle), mantle convection is 
characterized by a degree-1 planform in which one hemisphere is dominated by 
downwellings while the other by upwellings. They suggest that such a degree-1 
convection causes continental blocks to merge in the downwelling hemisphere to 
form a supercontinent. They further showed that after a supercontinent is formed in 
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the downwelling hemisphere, circum-supercontinent subduction induces another 
major upwelling system below the supercontinent, transforming the degree-1 
planform to degree-2 planform with two antipodal upwellings. Zhong et al. (2007) 
suggested that this transition between degree-1 and degree-2 planforms of mantle 
convection modulated by continents is essential for supercontinent processes, and that 
the present-day mantle with degree-2 structure and two antipodal superplumes 
(African and Pacific) reflects the aftermath of Pangea breakup. This proposal is 
different from an early suggestion by Evans (2003) that a supercontinent is formed in 
a downwelling girdle separating two major upwellings in a mantle with largely 
degree-2 structure. 
The main goals of this study are to continue exploring these two proposed models 
for supercontinent formation, i.e. the stochastic models for collision of randomly-
moving continents and dynamic models of continental motions driven by mantle 
convection. We intend to answer the following specific questions. For stochastic 
models with randomly moving continents in which the dynamics of the mantle are left 
out, how are the time-scales for supercontinent formation dependent on different rules 
(e.g., Tao and Jarvis, 2002)? For dynamic models of continental motions driven by 
mantle convection, how does supercontinent formation depend on planform of mantle 
convection? Can a supercontinent form in mantle convection dominated by small-
scale flow structures? If so, what is the time-scale for its formation? Our dynamic 
models of supercontinent formation in 3-D spherical convection models with multiple 
mobile continents represent a significant improvement compared with Zhong et al. 
(2007) in which either no continent or only one fixed continent was considered. Our 
studies also differ from Phillips and Bunge (2005, 2007) in which continental blocks 
are modeled as rigid, non-deformable blocks using the torque balance technique 
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(Gable et al., 1991). In our study, continents are modeled as compositionally distinct 
and deformable (Zhong et al., 2000; McNamara and Zhong, 2004), similar to what 
was done in previous 2-D models (Lenardic and Kaula, 1993; Lenardic and Moresi, 
1999). Additionally, our study emphasizes the role of convective planform in 
supercontinent formation, while Phillips and Bunge’s studies were focused on the role 
of internal heating in the periods of supercontinent cycles 
This paper is organized as follows. Section two describes the models and methods. 
In which we present 1) our algorithms for models with randomly-moving continental 
blocks and 2) mathematical formulations and models of mantle convection with 
continents. Section 3 presents model results. Discussions and conclusions are 
presented in sections four and five. 
 
2.3. Models and Methods 
2.3.1. The rule-based model with randomly-moving continental blocks 
    In order to explore the assembly time of randomly-moving continental blocks, 
following Tao and Jarvis (2002), we employ a stochastic model and monitor the time 
required for all of continental blocks to assemble into a single model supercontinent. 
We first describe our models, and then discuss the difference between ours and Tao 
and Jarvis’s model. 
In our model, n circular blocks are initially evenly or randomly distributed on a 
spherical surface, and the total area of the blocks accounts for 30% of the spherical 
surface. Initially, each block is randomly assigned an Euler pole, and the angular 
speed for all the blocks are the same. At each time step, the speed for each block is 
varied randomly within a certain range (50%) of the initially specified speed.  
    The model evolves according to the following rules: 
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(1)  Any two blocks are considered merged if the distance between the centers of 
the two blocks is less than 2/3 of the sum of radii of these two blocks. If at a given 
step, more than two blocks collide, only the two blocks with the shortest distance 
between the centers merge. 
(2) Once two blocks are considered merged, they are replaced with a new circular 
block. The center of the new block is the middle point between the centers of the 
previous two blocks and its area is the sum of the previous blocks. 
(3) A new Euler pole is assigned randomly to the new block and the new block 
moves on until the next collision. 
(4) When all the blocks merge into a single super-block, we count the number of 
time steps the assembling process takes and obtain the assembly time. In order to 
obtain the statistical average of assembly time, we repeat the above model calculation 
10,000 times and then compute the average assembly time for these 10,000 runs. 
In this model, the speed and the initial number of continental blocks may 
influence the assembly time. To examine their effects, the speed is varied from 1 
cm/yr to 15 cm/yr and the initial number of continental blocks is varied from 4 to 12. 
    A different set of rules was used by Tao and Jarvis (2002) in their model with 
randomly-moving continental blocks. In their model, circular blocks are on a 
Cartesian plane with periodic boundary condition. They assigned random initial 
velocities with a plate-like range from one to ten cm/yr. They updated the random 
velocities every 50 Ma and assigned a new velocity direction for a block randomly 
within ±45 degrees of previous direction. In this study, we also implemented the rules 
used in Tao and Jarvis (2002), and compared results from our models to examine the 
effects of different rules on assembly time.  
2.3.2. Mantle convection models with continents 
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    Our dynamic models of mantle convection with continental blocks in a three-
dimensional spherical geometry assume an infinite Prandtl number and the 
Boussinesq approximation. Continental blocks are modeled as a chemical distinct 
material with different density and viscosity. The non-dimensional governing 
equations for mantle convection with different compositions are (e.g., Zhong et al., 
2000; McNamara and Zhong, 2004): 
                 ,                      (1) 0 u
              ,                           (2) reRbCRaTP ˆ)()( 
ε
                HTT
t
T 
 2)(u ,                                     (3) 
                0)( 
 C
t
C u ,                                                 (4) 
where u is velocity vector, P is the dynamic pressure,  is the viscosity,   is the strain 
rate tensor, T is the temperature, t is the time, H is internal heat generation rate, and C 
is the composition that is used to define continental blocks.  
Ra is the thermal Rayleigh number defined as  
                     ,                                    (5) )/(30  rTRgRa 
where  is the thermal expansivity,  is the density, g is the gravitational acceleration, 
ΔT is the temperature difference between the top and bottom boundaries, R0 is the 
radius of the Earth, r is the reference viscosity, and  is the thermal diffusivity. 
Notice that if Ra is defined by mantle thickness, d, a conversion factor, (d/ R0)3, needs 
to be multiplied (Zhong et al., 2000).  
Internal heat generation rate H is defined as 
                       
Tc
QRH
p 
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2
0 ,                                                      (6) 
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where Q is the volumetric heat production rate, and cp is the specific heat. 
Rb is the chemical Rayleigh number defined as 
                     ,                                   (7) )/(30  rRgRb 
where Δ is the density contrast between two chemical components (e.g., continents 
versus the mantle). A useful parameter is the buoyancy ratio, B  
               )/(/ TRaRbB   .                                (8) 
The nondimensional depth-, temperature-, and composition-dependent viscosity 
is  
             )]5.0(exp[)(),( 0 TErCT c   ,                      (9) 
where 0 is the depth dependent prefactor, c is the compositional prefactor, and E is 
the activation energy.   
    The nondimensional radii for the top and bottom boundaries are 1 and 0.55, 
respectively. Free-slip and isothermal boundary conditions are applied at the surface 
and the core-mantle boundary in all calculations. Therefore, continental blocks are 
free to move and deform to interact with mantle flows. 
   The governing equations are solved with code CitcomS (Zhong et al., 2000) that 
was modified from an original Cartesian code (Moresi and Gurnis, 1996). 
Thermochemical convection capability was incorporated into CitcomS by McNamara 
and Zhong (2004). The mantle is divided into 12 caps and each cap is further divided 
into 48 elements in three directions. Our previous calculations show that resolution is 
adequate for this type of calculation (Zhong et al., 2007). 
   Our models include six model parameters: thermal Rayleigh number Ra, depth-
dependent viscosity prefactor 0(r), internal heat generation rate H, activation energy 
E, buoyancy ratio B, and compositional prefactor c. The last two parameters B and 
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c are used to describe continental blocks. To maintain the integrity for continents and 
minimize the chemical entrainment for continental materials during model 
calculations, B and c are set to be 0.5 and 200, respectively for all calculations with 
continents. Too high c may introduce numerical convergence difficulty when 
continental blocks collide, while too small c may lead to too large deformation and 
entrainment. We fix activation energy E to be 6.908 that gives rise to 103 viscosity 
variation for the temperature varying from 0 to 1. With this activation energy, our 
model captures the essential features of mantle convection with temperature-
dependent viscosity, and mantle convection remains in the mobile-lid regime (e.g., 
Solomotov, 1995). We also fix internal heat generation rate H and thermal Rayleigh 
number Ra in our models, while varying 0(r) to explore the effects of convective 
planform. With temperature-dependent viscosity and the free-slip boundary condition 
on the surface, our models are not able to reproduce plate-like behaviors for oceanic 
regions, although the temperature-dependent viscosity generates the long-wavelength 
convective structures. Convection models with plate tectonics require more realistic 
modeling of the nonlinear or plastic deformation of lithosphere at plate margins, 
which remains a challenge in mantle dynamics (e.g., Bercovici, 1995; Zhong et al., 
1998; Tackley, 2000).    
   Calculations are performed in two steps. Firstly, for a given set of parameters, a 
pure thermal convection model is computed until global average quantities (e.g., heat 
flux and root mean square velocity) reach to a statistic steady-state. Initial temperature 
conditions of the purely thermal convection models consist of a radial temperature 
profile superimposed with horizontal perturbations. The initial temperature is 0.5 for 
the mantle interior and changes linearly to boundary temperatures 0 or 1 across the 
top or bottom thermal boundary layers. Secondly, for the same model parameters, 
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using the steady-state temperature field from these purely thermal convection models 
as initial conditions (Honda et al., 2000; Phillips and Bunge, 2007), a certain number 
of continental blocks are introduced in model calculations to examine the dynamic 
interaction between convection and continents. For models with continental blocks, 
we introduce either two or four continental blocks with total continental area 
accounting for 30% of the Earth’s surface. The thicknesses of continental blocks are 
set to be 100 km. In these models, we trace the motion and collision of continental 
blocks and investigate the role of mantle convection in the assembly of continental 
blocks.  
 
2.4. Results 
In this section, we first present results from our stochastic models with randomly-
moving continental blocks and compare our model results with those from Tao and 
Jarvis (2002). We will then present results from dynamic models of mantle 
convection with continental blocks. 
2.4.1. Assembly time of the randomly-moving blocks 
2.4.1.1. The assembly process and the statistic average for the assembly time 
We first present a case with initial continental motion of 1 cm/yr to show the 
assembly process of randomly moving blocks (Fig. 2.1). This case has initially 12 
continental blocks each with a surface area equal to 2.5% of the area of the spherical 
surface. Figure 2.1 shows three snapshots of positions and sizes of continental blocks 
from the assembly process. In this case, initially 12 continental blocks (Fig. 2.1A) 
merge to six blocks of different sizes after 1400 Ma (Fig. 2.1B). They assemble to a 
supercontinent after 5380 Ma (Fig. 2.1C).  
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Figure 2.1. Locations of continents at three different times in a representative model 
calculation for the stochastic models of continental collision. The initially 12 
continents (A) merge to six continents (B), and eventually form a supercontinent (C). 
The arrows give the directions of continental motions. 
 
A large number of runs are needed in order to obtain a statistically meaningful 
average assembly time. For the same initial number of blocks and average speed of  
continental motion, we have computed 1,000, 10,000, and 100,000 model runs and 
three histograms showing the frequency distribution of assembly times are plotted in 
Figure 2.2. These results show that 10,000 runs are sufficient for obtaining a stable 
statistic average of assembly time, which is ~5.4 Ga for this model.  
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Figure 2.2. Histograms of assembly times for 1,000 runs (A), 10,000 runs (B), and 
100,000 runs (C) of stochastic models with 1 cm/yr speed. The averaged assembly 
times (the vertical bar) are 5,469 Ma for 1,000 runs, 5,406 Ma for 10,000 runs and 
5,407 Ma for 100,000 runs, respectively. 
 
2.4.1.2. Dependence of assembly time on continental motion and number of blocks 
Assembly time may depend on the average speed of continental blocks and initial 
number of blocks. For a fixed initial number of blocks, we compute models with 
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average speed of 1cm/yr, 2.5cm/yr, 5cm/yr, 10cm/yr and 15cm/yr and determine the 
average assembly times (Fig. 3). It should be noted that each assembly time in Figure 
3 is obtained from 10,000 runs for a given initial number of blocks and average speed. 
For a given initial number of blocks, the assembly time is inversely proportional to 
the average block speed (Fig. 2.3). Therefore, we only show results of assembly times 
for continental blocks with average speed of 1 cm/yr in Table 2.1. For different 
average speed, one can easily obtain assembly time by scaling the results in Table 2.1. 
Our model calculations show that the assembly times are moderately dependent 
on the initial number of blocks (Table 2.1 and Fig. 2.3). If we employ the averaged 
speed for present-day continents, 2.8 cm/yr, which is calculated based on the 
NUVEL-1 model in a Non-Net-Rotation frame (Gordon and Jurdy, 1986) and 
weighed by continental area, the results in Table 2.1 suggest that assembly time varies 
from 1,200 Ma for initially four blocks to 1,900 Ma for initially 12 blocks. This is 
significantly longer than the observed assembly time for supercontinent which is 
~300-400 Ma. 
2.4.1.3. The comparisons between our model and Tao and Jarvis’ model (2002) 
    In a similar study, Tao and Jarvis (2002) employed a different set of rules for the 
assembly process and suggested a different assembly time (~400 Ma) of randomly-
moving continental blocks.  
To investigate the cause for the difference on the predicted assembly times 
between our models and Tao and Jarvis (2002), we first implemented their models in 
Cartisian geometry and reproduced their models D-7 and D-20. Then, we introduced 
Tao and Jarvis’ rules to our spherical model to investigate the dependence of 
assembly time on different rules. For better comparison, we also assumed that model 
continents account for 35% of the Earth’s surface, employed continental motion speed 
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from one to ten cm/yr, and let the continents on the spherical surface randomly 
moving along great circles instead of randomly assigning Euler poles. 
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Figure 2.3. The inversely proportional relation between the assembly times and the 
average continental speeds for stochastic models with initially 4 (diamond symbols), 6 
(inverted triangles), 8 (stars), 10 (triangles), and 12 (squares) continents. Each symbol 
represents averaged assembly time from 10,000 runs. 
 
With the rules by Tao and Jarvis (2002) in our spherical model, we obtain the 
assembly times 280 Ma with initially seven blocks (i.e., corresponding Tao and 
Jarvis’ model D-7) and 354 Ma with initially 20 circles (i.e., corresponding Tao and 
Jarvis’ model D-20), which are similar to Tao and Jarvis (2002), suggesting that the 
geometry effect is small. If we replaced their rule assigning a new velocity direction 
after an interval of 50 Ma with our original rule assigning a new velocity after a 
collision, the assembly times increase from 280 Ma to 997 Ma for initially seven 
blocks and 354 Ma to 1281 Ma for intially 20 blocks, respectively. If we further 
replaced the rule limiting velocity direction within ±45 degrees of its previous  
 19
Table 2.1. The assembly times determined from the stochastic models1. 
Number of Blocks 12 10 8 6 4 
Assembly time (Ma) 5407 5103 4610 4120 3220 
1All the calculations use 1 cm/yr as the speed of continental motion. 
 
direction with our rule of all the possible directions in assigning to continents after 
collision (i.e., 360 degrees), the assembly time increases from 997 Ma to 1541 Ma for 
initially seven blocks and 1281 Ma to 2542 Ma for intially 20 blocks. In this case, the 
model is essentially the same as our original model, and the assembly times are of the 
same magnitude as that from our models in subsection 2.4.1.2. This result suggests 
that the assembly time is sensitive to the rules for assigning the random velocity, 
which suggests the importance of dynamic models of mantle convection. 
2.4.2. Supercontinent formations in dynamic models of mantle convection 
2.4.2.1. Models of mantle convection with no continents 
  We first present two cases with no continental blocks to be used as initial 
temperature conditions for later cases with continents. Case 1 uses a Rayleigh number 
Ra=3x108 (i.e., Ra=2.73x107 if the mantle thickness is used to define Ra), internal 
heat generation rate H=50, and a constant depth-dependent viscosity prefactor 0(r)=1 
throughout the mantle (Table 2.2). The initial temperature has a perturbation at 
spherical harmonic degree l=3 and m=2. The viscosity profile of case 1 is shown in 
Fig. 2.4A. We compute the case for ~30000 time steps to a statistical steady-state. The 
representative planform of mantle convection is characterized by relatively short-
wavelengths with a large number of upwellings and downwellings in the mantle (Figs. 
2.5A and 2.6A). Power spectra for temperature within the bottom thermal boundary 
layer display a maximum amplitude at degrees 6 and 9 (Fig. 2.4B). The averaged  
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Table 2.2. Input parameters and assembly times for dynamic models of 
mantle convection
Case 0um1 I.C.2 
(l,m) 
n3 Strongest 
Degree(s)4
Assembly 
times (Ma) 5
Surface 
Velocity 
(%)6 
1 1 (3,2) - 6,9 - 2.612x103 41 
1A 1 Case 1 2 2,4 - 2.638x103 47 
1B 1 Case 1 4 1,2,6 650 3.201x103 49 
1C 1/30 Case 1 4 1 270 8.915x103 37 
2 1/3 (3,2) - 3,4 - 3.782x103 36 
2A 1/3 Case 2 2 1,2,3,4 505 5.250x103 42 
2B 1/3 Case 2 4 1,2,3 365 4.159x103 43 
2C 1/30 Case 2 4 1 260 7.585x103 32 
0um is the pre-exponential factor for the viscosity equation for the top 
100 km and between 100 km and 670 km depths. 0 for the lower mantle 
is 1. 
 
2 I.C. is the initial conditions. For pure thermal case 1 or 2, the initial 
condition is perturbation at some given spherical harmonic degree l and 
m. For thermochemical cases, the initial conditions are from the stable 
thermal structures of case 1 or 2. 
 
3 n is the number of continental blocks. 
 
4 Strongest degrees are the dominant spherical harmonic degrees of 
temperature fields after the steady-state is reached or the supercontinents 
are formed. 
 
5 Assembly times are measured in terms of transit times.

 is the internal heating rate. 
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Figure 2.4. The depth-dependences of horizontally averaged mantle viscosities for 
cases 1, 2, and 1C (A), and power spectra of temperature within the bottom thermal 
boundary layers for cases 1, 2, 1B, 2B, and 1C (B). The spectra for cases 1 and 2 are 
steady-state results, while the spectra for cases 1B, 2B, and 1C are for that after the 
assembly of supercontinents. 
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Figure 2.5. Three dimensional thermal structures for cases 1 (A) and 2 (B) at their 
statistically steady states. The thermal structures are plotted as isosurfaces of residual 
temperature with contour levels of -0.15 (blue) and 0.15 (yellow). 
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surface velocity at the steady-state is ~2.6x103 (Table 2.2). The internal heating rate, 
determined from the averaged surface and bottom heat flux, is 41% (Table 2.2). 
Case 2 differs from Case 1 only in having a reduced upper mantle viscosity with 
0(r)=1/3 between 100 km and 670 km depths and 0(r)=1 elsewhere (Table 2.2). The 
viscosity profile of case 2 is shown in Fig. 2.4A. We compute case 2 for ~40000 time 
steps to a statistical steady-state. Although case 2, similar to case 1, has a large 
number of upwellings and downwellings in the mantle (Figs. 2.5B and 2.6B), 
convective wavelengths for case 2 are increased compared to case 1 (Fig. 2.5A), 
reflecting the effect of weak upper mantle on convective wavelengths (Jaupart and 
Parsons, 1985; Bunge et al., 1996; Zhong et al., 2007).     
2.4.2.2. Supercontinent formation in convection with small-scale thermal structures 
Case 1A uses the same parameters as case 1, but includes two continental blocks. 
Case 1A uses the steady-state temperature field from case 1 (i.e., Figs. 2.5A and 2.6A) 
as initial conditions. One continental block is initially assigned with a random 
position, while the other continental block is antipodal to it. The viscosity profile of 
case 1A is similar to that from case 1 as shown in Fig. 2.4 except that the viscosity at 
the top is larger due to the compositional viscosity for continents. Following Zhong 
and Gurnis (1993), we use transit time to measure times and to compare with the 
observation time-scale. A transit time is defined as the time it takes a flow particle to 
travel at the averaged speed at the surface from the surface to the core-mantle 
boundary. On the Earth, one transit time is ~50 Ma, taking the averaged surface plate 
motion to be ~6 cm/yr.  
For case 1A, after six transit times corresponding to ~300 Ma, the large-scale cold 
anomalies have accumulated around these two continental blocks but only at shallow  
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Figure 2.6. Temperature fields at non-dimensional radius 0.59 for cases 1 (A), 2 (B), 
1A (C), 1B (D), 2A (E), and 1C (F). Purple curves in (C), (D), (E), and (F) delineate 
the boundaries of continents. 
 
depths (Fig. 2.7B). After 17 transit times (i.e., 850 Ma), these two blocks are still 
wandering around with no indication of merging to a supercontinent (Figs. 2.6C and 
2.7C), and we terminate this case at this point. This case indicates that mantle 
convection with small-scale structures may not lead to supercontinent formation. 
Case 1B differs from Case 1A only in having four continental blocks instead of 
two. One continental block is initially assigned with a random position on the surface. 
Then other three blocks are assigned to the positions to form a tetrahedron with the 
first block. After 13 transit times (i.e., ~650 Ma), all of four blocks have merged to a 
supercontinent (Figs. 2.6D and 2.7D). Long-wavelength structures including linear  
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Figure 2.7. Thermal structures and locations of continents (transparent caps) for cases 
1A at its initial stage (A), after six (B) and 17 transit times (C), 1B (D), 2A (E), and 
1C (F) at supercontinent formation. The thermal structures are plotted as isosurfaces 
of residual temperature with contour levels of -0.15 (blue) and 0.15 (yellow). Notice 
that the thermal structures in Figure 2.7A is the same as that in Figure 5A but with a 
different orientation. 
 
downwellings are generated around the supercontinent (Fig. 2.7D). The power 
spectrum of the thermal structures in the bottom thermal boundary shows the  
strongest amplitude at degree 2 (Fig. 2.4B), consistent with the increased convective 
wavelengths seen in Fig. 2.7D, compared to case 1. This increased wavelength 
reflects the effects of supercontinent (Zhong and Gurnis, 1993). However, it is 
important to observe that the thermal structures outside of the supercontinent region 
are of relatively small-scale wavelengths with a large number of downwellings and 
upwellings (Fig. 2.6D), similar to that in case 1. 
Using the steady-state thermal structure for case 2 (Figs. 2.5B and 2.6B) as initial 
conditions, we computed cases 2A and 2B that initially include two and four 
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continental blocks, respectively. Cases 2A and 2B are identical to case 2, except for 
including continental blocks. Compared with cases 1A and 1B, the upper mantle 
viscosity is reduced by a factor of three in cases 2A and 2B. For case 2A, the two 
continental blocks merge to a supercontinent after 10.1 transit times corresponding to 
505 Ma (Fig. 2.7E). In case 2B, all four continental blocks merge to form a 
supercontinent after ~7.3 transit times or ~365 Ma. Similar to what was observed in 
cases 1A and 1B, while supercontinents introduce long-wavelength structures near 
them, regions outside of supercontinents are predominated by shorter-wavelength 
structures in the form of downwellings and upwellings (Figs. 2.6E and 2.7E). 
However, relative to cases 1A and 1B, cases 2A and 2B with reduced viscosity in the 
upper mantle, appear to have large convective wavelengths in non-continental regions 
(Figs. 2.6E and 2.7E), similar to what has been observed for cases 1 and 2. 
2.4.2.3. Supercontinent formation in mantle convection with long-wavelength 
structures. 
Zhong et al., (2007) found that with a weak upper mantle bounded by relatively 
strong lithosphere and lower mantle, mantle convection is characterized by very long 
wavelength (i.e., degree-1) planform that they suggested to be responsible for 
supercontinent formation. Here, we explore the models with the same viscosity 
structure used in Zhong et al. (2007) (i.e., 0(r)=1/30 between the depths of 100 km 
and 670 km, while it is unity elsewhere) but with continental blocks to investigate the 
supercontinent formation. We have calculated cases 1C and 2C that differ only in 
using different initial conditions, otherwise they are identical (Table 2.2). Case 1C 
uses the steady-state temperature from case 1 (Fig. 2.5A), while case 2C uses that 
from case 2 (Fig. 2.5B). Both cases 1C and 2C use the viscosity with a factor of 30 
reduction in the upper mantle (Fig. 2.4A) and include four continental blocks in their 
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initial setup. For case 1C, after 5.4 transit times (i.e., ~270 Ma), all four continental 
blocks merge to form a supercontinent (Fig. 2.6F and Fig. 2.7F). The thermal 
structure evolves to a degree one pattern (Fig. 2.6F). The spectrum of the thermal 
structures after the supercontinent formation is shown in Fig. 2.4B. Clearly, the 
degree-1 pattern dominates the convection at the late stage. The results from case 2C 
are essentially the same as for case 1C with a slight different assembly time at ~260 
Ma, suggesting that the results are insensitive to initial conditions.  
 
2.5. Discussion 
Among the studies on the mechanism and cause for supercontinent formation 
(Gurnis, 1988; Lowman and Jarvis, 1993, 1995; Phillips and Bunge, 2007), there are 
two end-member views. First, Zhong et al. (2007) found that mantle convection with 
moderately strong lithosphere and lower mantle than the upper mantle always evolves 
to a degree-1 planform and suggested that such a degree-1 planform plays an 
important role in causing supercontinents Pangea and Rodinia. Second, Tao and Jarvis 
(2002), from their stochastic models for randomly moving continents, suggested that 
supercontinent formation may result from collision of randomly moving continents at 
time-scales of ~400 Ma for the formation process with no explicit role of mantle 
convective structures.  
The current study found that the time-scale for supercontinent formation from the 
stochastic models depends greatly on the rules assumed in the models. While 
reproducing their ~400 Ma time-scales of supercontinent formation using similar rules 
as Tao and Jarvis (2002), we also found that using different but arguably equally 
plausible rules, the time-scales for supercontinent formation can be significantly 
longer at 1 Ga or longer. Therefore, we think that it is important to study the physics 
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and dynamics of supercontinent formation and mantle convection and to understand 
the rules (Gurnis, 1988; Lowman and Jarvis, 1993, 1995; Phillips and Bunge, 2007). 
This is further supported by our dynamic models of mantle convection with continents. 
In some of such dynamic models, continental blocks may never merge to a 
supercontinent in mantle convection predominated by small-scale structures (e.g., 
Case 1A). In other dynamic models, while continental blocks merge to form a 
supercontinent in convection with intrinsically small-scale structures, the assembly 
times may be too long and the convective structures outside of supercontinent regions 
are of too small wavelengths to be consistent with geological and geophysical 
observations (e.g., Cases 1B, 2A and 2B).  
Our study also supports the proposal by Zhong et al. (2007) on the importance of 
very long-wavelength mantle convection. Using similar viscosity structure as in 
Zhong et al. (2007), we find that starting from a small-scale convective planform, a 
supercontinent always forms on a time-scale of ~260 Ma. Additionally, during the 
supercontinent assembly process, mantle convection is predominated by degree-1 
planform, consistent with Zhong et al. (2007). Although the inferred non-
supercontinent period for Pangea and Rodinia is ~400 Ma as reviewed in the 
introduction section, we think that this is not inconsistent with our ~260 Ma 
supercontinent formation time-scales. This is because that after supercontinent 
breakup starts, it may last for more than 100 Ma with a dynamic state that is similar to 
that for supercontinent breakup. Our models do not include such a process for 
supercontinent breakup.  
In our dynamic models on supercontinent formation, we contrast the models with 
two drastically different convective planforms: small-scale convection and degree-1 
convection. An important question is whether degree-1 convection is necessary for 
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supercontinent formation or other long-wavelength convective planforms are equally 
viable. For example, Evans (2003) proposed that a degree-2 planform with two 
superplumes similar to the present-day mantle structure is responsible for 
supercontinent formation with continental blocks merging at the downwelling girdle. 
Phillips and Bunge (2005, 2007) were able to generate supercontinent cycles in their 
models with various long-wavelength convective planforms. We believe that answers 
to this question rely on progress in both modeling long-wavelength mantle convection 
with tectonic plates and applying them in understanding the observations.   
Although in many convection studies (e.g., Phillips and Bunge, 2005, 2007, 
Bunge et al., 1996, Zhong et al., 2007), the viscosity in the lower mantle is a factor of 
30 higher than that for the upper mantle, consistent with inferred from the geoid 
studies (e.g., Hager and Richards, 1989), significant differences in mantle viscosity 
exist between these models that could explain the difference in convective planform 
seen in them. Bunge et al. (1996) and Phillips and Bunge (2005, 2007) did not include 
temperature-dependent viscosity and used a lithospheric viscosity comparable to the 
upper mantle viscosity. However, both this study and Zhong et al. (2007) use 
temperature-dependent viscosity and moderately strong lithosphere (i.e., on average 
~200 times stronger than the upper mantle or lithospheric viscosity of 1022-1023 Pa.s). 
Zhong et al. (2007) showed that both moderately strong lithosphere and temperature-
dependent viscosity may have significant effects on convective planform, consistent 
with previous studies (Harder, 2000; McNamara and Zhong, 2005).  
If the averaged lithospheric viscosity used in Zhong et al (2007) is reasonable, 
then degree-1 convection is inevitable, along with supercontinent formation, as 
indicated in Zhong et al (2007). The proposed transformation from degree-1 to 
degree-2 planforms due to circum-supercontinent subduction after supercontinent 
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formation in Zhong et al (2007) also provides an explanation to present-day mantle 
structures, particularly the antipodal Pacific and African superplumes. Such a 
connection between modeled and observed mantle structures in relation to 
supercontinent processes has not been established in other models (e.g., Phillips and 
Bunge, 2007). We think that future modeling studies should explore more 
understanding of present-day mantle structures in the context of supercontinent 
process. 
Unlike Phillips and Bunge (2007) who consider both supercontinent assembly 
and breakup, our models do not incorporate continental breakup process yet. This is 
partially due to the different way of modeling continents. Phillips and Bunge (2005, 
2007) used a torque balance method (Gable et al., 1991; King et al., 1992) to model 
the motion of continents as rigid and un-deformable blocks. While in our modeling, in 
order to include supercontinent breakup, continental rifting process needs to be 
considered explicitly as in Gurnis (1988) and Lowman and Jarvis (1995). This may 
also require modeling nonlinear or plastic deformation of lithosphere at plate margins. 
This is one of our future research directions. 
 
2.6. Conclusion 
We have investigated processes of supercontinent formation for continental 
blocks that migrate randomly using a stochastic model and that dynamically interact 
with mantle convection in dynamic models. Our results can be summarized as follows. 
1) Our stochastic modeling calculations suggest that the assembly time of a 
supercontinent is 1,200-1,900 Ma based on the averaged speed for the present-day 
continental motion. This time scale is much longer than ~300-400 Ma for continental 
assembly inferred for Pangea and Rodinia, suggesting that supercontinent formation is 
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less likely to be a pure random process. However, the assembly time inferred from 
these stochastic models is sensitive to rules assumed in this type of models which give 
rise to ~400 Ma supercontinent formation time, as shown in Tao and Jarvis (2002)..  
2) Our modeling for supercontinent formation with mantle convection focuses on 
the roles of convective planform. Our results show that continental blocks driven by 
convection with intrinsically degree-1 thermal structure merge to form a 
supercontinent in ~250 Ma. During and after supercontinent formation, mantle 
convection is predominated by a degree-1 planform, consistent with Zhong et al. 
(2007).  
3) Our models with intrinsically short-wavelength thermal structures show that 
continental blocks may not merge to form a supercontinent, depending on the 
characteristic wavelengths of mantle flows and the number of continental blocks. In 
cases when continents merge to form a supercontinent, our modeling shows that the 
assembly time may be too long and convective wavelengths may be to shorter, 
compared with observations. 
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Chapter 3 A model for the evolution of the Earth’s mantle structure 
since the Early Paleozoic  
3.1. Summary  
Seismic tomography studies indicate that the Earth’s mantle structure is 
characterized by African and Pacific seismically slow velocity anomalies (i.e., 
superplumes) and circum-Pacific seismically fast anomalies (i.e., a globally spherical 
harmonic degree-2 structure). However, the cause for and time evolution of the 
African and Pacific superplumes and the degree-2 mantle structure remain poorly 
understood with two competing proposals. First, the African and Pacific superplumes 
have remained largely unchanged for at least the last 300 Ma and possibly much 
longer. Second, the African superplume is formed sometime after the formation of 
Pangea (i.e., at 330 Ma ago) and the mantle in the African hemisphere is 
predominated by cold downwelling structures before and during the assembly of 
Pangea, while the Pacific superplume has been stable for the Pangea supercontinent 
cycle (i.e., globally a degree-1 structure before the Pangea formation). Here, we 
construct a proxy model of plate motions for the African hemisphere for the last 450 
Myr since the Early Paleozoic using the paleogeographic reconstruction of continents 
constrained by paleomagnetic and geological observations. Coupled with assumed 
oceanic plate motions for the Pacific hemisphere, this proxy model for the plate 
motion history is used as time-dependent surface boundary condition in 3-dimensional 
spherical models of thermochemical mantle convection to study the evolution of 
mantle structure, particularly the African mantle structure, since the Early Paleozoic. 
Our model calculations reproduce well the present-day mantle structure including the 
African and Pacific superplumes and generally support the second proposal with a 
dynamic cause for the superplume structure. Our results suggest that while the mantle 
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in the African hemisphere before the assembly of Pangea is predominated by the cold 
downwelling structure resulting from plate convergence between Gondwana and 
Laurussia, it is unlikely that the bulk of the African superplume structure can be 
formed before ~230 Ma (i.e., ~100 Myr after the assembly of Pangea). Particularly, 
the last 120 Myr plate motion plays an important role in generating the African 
superplume. Our models have implications for understanding the global-scale 
magmatism, tectonics, mantle dynamics, and thermal evolution history for the Earth 
since the Early Paleozoic. 
 
3.2. Introduction 
 Seismic tomography studies reveal that the present-day Earth’s mantle is 
predominated by a largely spherical harmonic degree-2 structure that is controlled by 
two antipodal seismically slow velocity anomalies, one beneath Africa and the other 
beneath the central Pacific, separated by circum-Pacific seismically fast anomalies 
(Dziewonski, 1984; Grand et al., 1997; van der Hilst, 1997; Ritsema et al., 1999; 
Masters et al., 2000; Romanowicz and Gung, 2002) (Figure 2.1). These two major 
slow velocity anomalies are sometimes referred to as the African and Pacific 
superplumes (e.g., Romanowicz and Gung, 2002). The African and Pacific 
superplumes in the core-mantle boundary (CMB) regions may include significant 
chemical heterogeneities (i.e., chemical piles) in addition to thermal anomalies (Su 
and Dziewonski, 1997; Masters et al., 2000; Wen et al., 2001; Ni et al., 2002, 2005; 
Wang and Wen, 2004; He and Wen, 2009). The two superplumes correlate well with 
the geoid highs (Hager et al., 1985; Hager and Richards, 1989), dynamic topographic 
highs (Nyblade and Robinson, 1994; Davies and Pribac, 1994; Lithgow-Bertelloni  
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Figure 3.1. Shear-wave velocity heterogeneity for the tomographic model S20RTS 
shown (A) in map view at 2750 km depth and (B) as the normalized power spectra at 
different depths. The right panel in Figure 2.1B shows the maximum power at 
different depths that is used to normalize the power. 
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and Silver, 1998), and intraplate volcanism and hotspots in these regions (Anderson, 
1982; Torsvik et al., 2006; Garnero et al., 2007). 
Mantle structure has broad implications for the dynamics of the mantle and 
lithosphere including heat transfer and long-term thermal evolution of the mantle (e.g., 
Davies, 1999; Zhong and Gurnis, 1994; Grigne et al., 2005; Lenardic et al., 2006; 
Hoink and Lenardic, 2008). Therefore, it is important to understand the cause of the 
degree-2 mantle structure. Surface tectonics and plate motion are thought to be 
closely linked to mantle structure due to mantle convection (Hager and O’Connell, 
1981; Anderson, 1982; Chase and Sprowl, 1983). For example, mantle convection 
modeling studies have demonstrated that the plate motion history for the last 120 Myr 
is responsible for the circum-Pacific seismically fast anomalies (i.e., subducted 
lithosphere) (Ricard et al., 1993; Lithgow-Berternolli and Richards, 1998; Bunge et 
al., 1998) and for the two major thermo-chemical piles beneath Africa and the central 
Pacific (McNamara and Zhong, 2005).  
The present-day mantle structure cannot be fully understood without 
understanding its past and the dynamic evolution. Since the African superplume is 
located beneath supercontinent Pangea that existed between 330 Ma and 180 Ma, it 
was proposed that the African superplume may have been formed during Pangea time 
as a result of thermal insulating effects from Pangea and that the superplume may 
eventually have caused the eventual breakup of Pangea (Anderson, 1982; Gurnis, 
1988). The Pacific superplume was suggested by some to have formed ~700 Ma ago 
during the breakup of Rodinia and has remained largely unchanged since (Maruyama, 
1994; Maruyama et al., 1997, 2007; Condie, 2003), mainly with evidence for the 
prolonged subduction zones along continental margins surrounding the Paleo-Pacific 
(e.g., Li and Powell, 2001; Scotese, 2001). Recognizing that most of large igneous 
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provinces (LIPs) for the past 300 Ma erupted near the edges of the Africa and Pacific 
thermochemical piles, Torsvik et al. (2006, 2008a) suggested that the African and 
Pacific superplumes and the degree-2 mantle structure may have existed for the last 
300 Ma. Burke et al. (2008) further speculated that the mantle structures may have 
been stable well beyond the last supercontinent cycle.  
Considering that supercontinent formation and breakup appear to be a cyclic 
process (e.g., Nance et al., 1988; Gurnis, 1988) and that during the formation of a 
supercontinent, the convergence between continental blocks may lead to accumulation 
of subducted lithosphere beneath the supercontinent, Zhong et al., (2007) proposed 
that during and shortly after Pangea formation, the mantle in the African hemisphere 
is relatively cold with downwelling slabs, while the Pacific hemisphere is hot with a 
system of upwellings (i.e., the spherical harmonic degree-1 structure), and that such a 
degree-1 convective structure is the fundamental cause for Pangea formation. They 
suggested that the present-day degree-2 mantle structure was not formed until the 
African superplume was formed after Pangea formation as a result of the circum-
Pangea subduction that induced upwelling return flow below Pangea, which is 
different from the thermal insulation mechanism by Anderson (1982). Zhong et al. 
(2007) further proposed that the Earth’s mantle structure may alternate between 
degree-1 and degree-2 planforms accompanied by supercontinent cycles. This 
hypothesis was motivated by the mantle convection modeling results that with 
relatively realistic mantle and lithospheric rheology, mantle convection is 
characterized by a degree-1 planform or degree-2 planform after a supercontinent is 
formed (Zhong et al., 2007). Recently, using models similar to Phillips and Bunge 
(2005, 2007), Zhang et al., (2009) investigated the interaction between multiple 
 36
continental blocks and mantle convection of different planforms and confirmed the 
effect of degree-1 mantle convection on supercontinent formation.  
The main goals of this study are to investigate time evolution of mantle structure 
from pre-Pangea time to the present-day using relatively realistic paleogeographic 
constraints, and to test the hypothesis of alternating degree-1 and degree-2 mantle 
structure proposed by Zhong et al. (2007). We are particularly interested in 
understanding how mantle structure in the African hemisphere evolves to its present-
day structure. Different from Zhong et al. (2007), the current study includes 
thermochemical piles above the CMB and geologically constrained tectonic plates at 
the surface. Although in their two-way dynamics, intrinsic mantle convective 
structure has significant controls on tectonic plates (Gurnis, 1988; Bercovici et al., 
1989; Zhong and Gurnis, 1993; Tackley et al., 1993; Bunge et al., 1996; King et al., 
2003; Zhong et al., 2007; van Heck and Tackley, 2008; Foley and Becker, 2009), 
inclusion of tectonic plates makes it possible to use the observations of the present-
day mantle structure and of tectonic plates to constrain mantle dynamic models (e.g., 
Bunge et al., 1998; McNamara and Zhong, 2005).  
A key component of this study is to build a proxy model for global plate motion 
history from the Middle Paleozoic to the present-day and to use it as boundary 
conditions for mantle convection calculations. Although paleogeographic 
reconstruction of continents by Smith (1981) was used to construct slab models for 
the Middle Paleozoic to study dynamic topography and global sea-level variations 
(Gurnis, 1993), global plate motion models were only reconstructed back to the Late 
Mesozoic (119 Ma) (Lithgow-Bertelloni and Richards, 1998) because of the lack of 
adequate geological records on oceanic plates beyond that time. However, relatively 
consistent global paleogeographical reconstructions, based on geological and 
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paleomagnetic information, exist for much of the Paleozoic (e.g., Torsvik et al., 1996, 
2008b; Scotese, 1997, 2001; Reeves et al., 2000; Li and Powell, 2001), and can be 
used to constrain plate motion history since the Middle Paleozoic for the African 
hemisphere where all the major continental plates have been located. For oceanic 
plates, like those on the Pacific hemisphere, although there are geological 
observations suggesting for mostly divergent plate motion there since the Paleozoic 
(Maruyama et al., 1997; Li and Li, 2007), there are little real constraints and we thus 
must rely on trying different assumptions with resulting mantle structure tested 
against the present-day seismic structure.   
This paper is organized as follows. Section two or next section describes mantle 
convection models with plate motion and procedures for reconstructing a proxy model 
for plate motion history for the last 450 Ma. Section three presents model results for 
mantle structure evolution under different model assumptions. Discussions and 
conclusions are presented in sections four and five, respectively. 
 
 
3.3. Methods and Models 
3.3.1. 3-D Spherical thermochemical convection models with prescribed plate motion 
Our dynamic models of mantle convection in a three-dimensional spherical 
geometry assume an infinite Prandtl number and the Boussinesq approximation. Our 
models consider a chemical layer with different intrinsic density above the CMB, and 
include time-dependent plate motion as surface boundary conditions. The non-
dimensional governing equations for mantle convection with different compositions 
are (e.g., Zhong et al., 2000; McNamara and Zhong, 2004a): 
        ∇∙u=0,                                   (1) 
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              P    ()  (RaT  RbC)?e r ,                                 (2) 
                Tt  (u  )T  
2T  H ,                                            (3) 
                Ct  (u  )C  0,                                                        (4) 
where u is velocity vector, P is the dynamic pressure,  is the viscosity,   is the 
strain rate tensor, T is the temperature, is the unit vector in radial direction, t is the 
time, H is internal heat generation rate, and C is the composition that is used to define 
the chemical layer.  
reˆ
Ra is the thermal Rayleigh number defined as  
                     Ra gTR03 /(r) ,                             (5) 
where  is the thermal expansivity,  is the density, g is the gravitational acceleration, 
ΔT is the temperature difference between the top and bottom boundaries, R0 is the 
radius of the Earth, r is the reference viscosity, and  is the thermal diffusivity. 
Notice that if Ra is defined by mantle thickness, d, a conversion factor, (d/R0)3, needs 
to be multiplied (Zhong et al., 2000).  
Internal heat generation rate H is defined as 
                       H  QR0
2
cpT ,                                           (6) 
where Q is the volumetric heat production rate, and cp is the specific heat. 
Rb is the chemical Rayleigh number defined as 
                  Rb  gR03 /(r) ,                                      (7) 
where Δ is the density contrast between two chemical components (e.g., chemical 
pile versus the mantle). A useful parameter is the buoyancy ratio, B  
               B  Rb /Ra   /(T).                                (8) 
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The nondimensional depth- and temperature-dependent viscosity is  
             (T,r) 0(r)exp[E(0.5T)],                            (9) 
where 0(r) is the depth dependent prefactor and E is the activation energy 
nondimensionalized by RT, where R is the gas constant.   
The nondimensional radii for the top and bottom boundaries are 1 and 0.55, 
respectively. Isothermal boundary conditions are applied at the surface and CMB in 
all calculations. For mechanic boundary conditions, the surface is prescribed with 
time-dependent velocity (i.e., plate motion) while the CMB is with free-slip boundary 
condition. The chemical layer above the CMB is assumed to be initially flat 
everywhere and 250 km thick (Wang and Wen, 2004). Unless specified otherwise, 
most cases start with an 1-D initial temperature profile derived from a pre-calculation 
that uses the same parameters except that the plate motion boundary condition is 
replaced with free-slip boundary conditions and that a larger B for the chemical layer 
is used to assure that a quasi-steady state can be reached (e.g., McNamara and Zhong, 
2005).  
The governing equations are solved with code CitcomS (Zhong et al., 2000) that 
was modified from an original Cartesian code (Moresi and Gurnis, 1996). 
Thermochemical convection capability was incorporated into CitcomS by McNamara 
and Zhong (2004a). The mantle is divided into 12 blocks and each block can be 
divided in three directions, depending on resolution (e.g., Zhong et al., 2000). For 
most cases, we use a grid with 12x483 elements, but a grid of 12x643 elements is also 
used for resolution test. 
Our models include five model parameters: thermal Rayleigh number Ra, depth-
dependent viscosity prefactor 0(r), internal heat generation rate H, activation energy 
E, and buoyancy ratio B. Ra controls convective vigor in thermal convection with 
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stress free boundary conditions. However, in our models with imposed plate motion, 
convective vigor is also dependent on the plate motion. In this study, Ra is chosen to 
be generally consistent with the imposed plate motion (see more in subsection 3.1). H 
is chosen to yield ~65% or 30% internal heating rate. Nondimensional activation 
energy E is varied from 4.61 to 9.21 to produce temperature-induced viscosity 
variations of 102 to 104, respectively. Although the activation energy is smaller than 
that from laboratory studies for olivine, it is used here for numerical stability and also 
to account for other weakening effects such as brittle deformation and non-Newtonian 
rheology. The depth-dependent viscosity pre-factor 0(r) is specified to give rise to a 
viscosity jump for the lower mantle by a factor of 30 or 100 and also to possible 
continuous variations in viscosity with depth (i.e., pressure-dependence). The last 
parameter, B, defines the behavior of the chemically dense layer above the CMB. The 
larger B is, the less entrainment mantle convection can cause to the chemical layer, 
and the smaller deformation or topography the chemical interface is (e.g., Tackley, 
1998). Details of the models will be presented later in the results section. 
3.3.2. Constructing a proxy for plate motion history 
Our models of mantle convection include time-dependent plate motion as surface 
velocity boundary conditions. Here we discuss how we may construct a proxy for 
global plate motion history for the last 450 Ma associated with the assembly and 
breakup of Pangea. Based on paleomagnetic observations on the sea floor, Gordon 
and Jurdy (1986) reconstructed the global plate motion history for the Cenozoic (i.e., 
the last 65 Ma). Lithgow-Bertelloni and Richards (1998) extended the model to 
include the Late Mesozoic (119 Ma) using rotation poles and plate boundaries from 
Engebretson et al. (1992) and Scotese (1990) for the Mesozoic. Accurate 
reconstruction of global plate motion further back in time is not feasible due to the 
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lack of geological records on oceanic plates, especially for the Paleo-Pacific oceans or 
the Pacific hemisphere. However, for the African hemisphere, which has been mostly 
occupied by plates containing continents for the period concerned, the first order plate 
motion history can be constructed back to the Early Paleozoic (e.g., Scotese, 2001). 
We adopted such reconstructions for our proxy model of plate motion history between 
450 Ma and 119 Ma. Over the same period for the Pacific hemisphere, we make 
assumptions for plate motion history to be discussed later. Our proxy model for the 
last 119 Ma uses the model of plate motion history by Lithgow-Bertelloni and 
Richards (1998).  
We first describe how continental plate motions are determined from the 
Paleomap Atlas. A recent compilation of Phanerozoic paleogeographic 
reconstructions, Paleomap Atlas (Scotese, 2001), which is broadly consistent with 
other recent paleographic reconstructions (Torsvik et al., 1996; Reeves et al., 2000; Li 
and Powell, 2001), has been adopted as the base maps for the 458-119 Ma interval in 
this study. The positions of each continental plate from one time frame to the next in 
the Paleomap Atlas are used to estimate the stage Euler pole and the rotation rate. We 
chose six time frames at 458, 390, 330, 255, 195, and 152 Ma from the Paleomap 
Atlas to estimate the plate motion of the continental plates (Table 3.1). The 330 Ma 
frame was chosen because Gondwana and Laurussia collided at around this time to 
form Pangea (e.g., Veevers, 2004). The plate motion between 152 Ma and 119 Ma is 
determined by differencing plate positions between the 152 Ma frame in the Paleomap 
Atlas and the 119 Ma frame from Lithgow-Bertelloni and Richards (1998). 
Identifying plate boundaries from the Paleomap Atlas is important for 
constructing continental plate motion. We only consider major continental plates in 
the Paleomap Atlas for our study of large-scale mantle structure. The Paleomap Atlas 
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Table 3.1. Stage poles and rotational rates 
Plate Name Latitude Longitude , 0/Myr 
390-458 Ma 
Laurussia -76 254.5 0.12 
Gondwana 9 71 0.98 
Paleo-Pacific1 -41.6 251.9 1.14 
Paleo-Pacific2 34.7 111 1.14 
Paleo-Pacific3 -31 146 1.14 
Paleo-Pacific4 21.6 338.1 1.14 
330-390 Ma 
Laurussia -85.7 259 0.19 
Gondwana 12 64 1.01 
Paleo-Pacific1 -46.6 256 1.14 
Paleo-Pacific2 30.4 102 1.14 
Paleo-Pacific3 -32 151 1.14 
Paleo-Pacific4 23 332 1.14 
255-330 Ma 
Pangea -29 65 0.14 
Paleo-Pacific1 -43.4 251 1.14 
Paleo-Pacific2 33 105 1.14 
Paleo-Pacific3 -35.1 157 1.14 
Paleo-Pacific4 23 332 1.14 
195-255 Ma 
Pangea -18 135.6 0.4 
Paleo-Pacific1 -43.4 251 1.14 
Paleo-Pacific2 33 105 1.14 
Paleo-Pacific3 -35.1 157 1.14 
Paleo-Pacific4 23 332 1.14 
Neo-Tethys -15.8 172 0.71 
152-195 Ma 
North America 46 197 0.24 
Eurasia 26 264 0.30 
Gondwana 41 189 0.23 
Paleo-Pacific1 -43.4 251 1.14 
Paleo-Pacific2 33 105 1.14 
Paleo-Pacific3 -35.1 157 1.14 
Paleo-Pacific4 23 332 1.14 
Neo-Tethys -15.8 172 0.71 
119-152 Ma 
North America 57 155.4 0.59 
Eurasia 31 74 0.76 
South America 87.9 271 0.57 
Africa &India -14.9 135 0.51 
Antarctica&Australia -29 294 0.71 
Paleo-Farallon -43.4 251 1.14 
Paleo-Pacific 33 105 1.14 
Paleo-Phoenix -35.1 157 1.14 
Paleo-Izanagi 23 332 1.14 
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includes four significant continental plates before Pangea formation for the time 
period of 458-330 Ma: Gondwana, Laurentia, Baltica and Siberia (Fig. 3.2A and 
3.2B). Laurentia, Baltica, and Siberia are close to each other and they are separated 
from Gondwana by the Rheic Ocean. Here, we only consider two continental plates: 
Gondwana and proto-Laurussia which includes Laurentia, Baltica, and Siberia (Fig. 
3.2C). With this simplification, we ignore relative motions among Laurentia, Baltica, 
and Siberia. Here the Gondwana plate includes the Rheic Ocean and Gondwana 
continent (Fig. 3.2B and 2C) (Collins, 2003), although Scotese (2001) proposed a 
convergent plate boundary between the Rheic Ocean and Gondwana for 458 Myr ago. 
After Pangea formation at 330 Ma, Pangea rotates clockwise at a slow rate until its 
breakup ~180 Myr ago. During this period, the Paleo-Tethys Ocean is closed as South 
China and Indochina collide with North China, and the Neo-Tethys Ocean opens, 
moving Cimmeria (Turkey, Iran, and Tibet) northward (Lawver, 2004). In our plate 
motion model, we consider Pangea as a single plate from 330 Ma to 290 Ma (Fig. 
3.2E), and introduce the Neo-Tethys plate at 290 Ma with the divergent plate 
boundary in the southern end of the Neo-Tethys Ocean (Fig. 3.2F) (Scotese, 2001; 
Lawver, 2004). At ~195 Ma, we further divide Pangea into three plates: North 
America, Eurasia and Gondwana with Eurasia consisting of Baltica, Siberia and Asian 
blocks (North China, South China, and Indochina) (Fig. 3.2G). The breakup of 
Pangea starts as North America breaks away from Eurasia and Gondwana with the 
opening of the Central Atlantic Ocean (Fig. 3.2G). Around ~152 Myr ago, Gondwana 
starts to break up with the openings of the South Atlantic Ocean and Indian Ocean. In 
our model, we replace Gondwana with three plates: South America, Africa, and 
Antarctica, thus ignoring the independent motions of India and Australia (Fig. 3.2H) 
(Scotese, 2001). 
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Figure 3.2. Reconstruction of continental plates at 458 Ma (A) and 390 Ma (B), 
modified from Scotese (2001), and plate configuration and plate motions (arrows) 
during (C) 458-390 Ma, (D) 390-330 Ma, (E) 330-255 Ma, (F) 255-195 Ma, (G) 195-
152 Ma, and (H) 152-119 Ma. The grey lines delineate present-day continent 
boundaries for reference while the light shaded regions are for the ancient continental 
mass in Fig. 3.2A and B. Solid and dashed lines in Figure 3.2C-3.2H represent 
continental and oceanic plate boundaries, respectively. The coastlines for the present-
day are also shown for reference. 
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We considered all continental plates for the seven major time frames and obtained 
six sets of Euler poles and rotational rates (Table 3.1) and velocity vectors for all the 
continental plates in the African hemisphere (Fig. 3.2). We have verified the plate 
motion model by comparing predicted continent positions with the Paleomap Atlas. 
Finally, it should be pointed out that the motion of the Neo-Tethys plate is estimated 
from the motions of South China block and Cimmeria, relative to Gondwana (Lawver, 
2004). 
For oceanic plates on the Paleo-Pacific hemisphere (i.e., Panthalassan) before 119 
Ma, we assume that the oceanic plates have the same plate configurations and plate 
motion directions as those at the 119 Ma time frame in the model by Lithgow-
Bertelloni and Richards (1998) (i.e., Izanagi, Pacific, Phoenix, and Farallon plates) 
(e.g., Fig. 3.2H) with only minor adjustments to match plate boundaries (Fig. 3.2C-
3.2H). The average speed for these oceanic plates is assumed to be 8 cm/yr. While the 
circum-Pangea subduction is consistent with the Paleomap Atlas (Scotese, 2001), this 
assumption implies that the Pacific hemisphere is also predominated by divergent 
plate motions and mantle upwellings between 458 to 119 Ma ago, as for the last 119 
Ma. However, we also consider other plate motion scenarios for the Pacific 
hemisphere in later sections.  
For the modeling purpose, we interpolated these six time frames of plate motions 
before 119 Ma into a total of 23 time frames with the shortest time gap between two 
consecutive frames being 5 Ma. The globally averaged plate motion at different times 
is given in Fig. 3.3. The average plate motion is ~6.6 cm/yr before Pangea formation 
at 330 Ma, but it drops to ~4.6 cm/yr at 330 Ma due to the nearly zero plate motion 
for Pangea at that time (Fig. 3.2E). The increases of averaged plate motion from 330 
Ma to 240 Ma ago is caused by the Neo-Tethys plate motion and Pangea rotational  
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Figure 3.3. The globally averaged speed of surface plate motions with time. 
 
motion (Fig. 3.2F), while the increase at ~180 Ma reflects the breakup of Pangea. 
Some of the other plate motion variations in Fig. 3.3 are caused by changes in plate 
geometry between different stages (Scotese, 2001). The maximum plate motion of 
~7.2 cm/yr occurs at ~90 Ma and the present-day averaged plate motion is ~3.9 cm/yr 
(Lithgow-Bertelloni and Richards, 1998). Compared with the present-day plate 
motion of ~3.9 cm/yr, the assumed 8 cm/yr for the Pacific plates before 119 Ma 
leading to the globally averaged plate motion of ~6 cm/yr is reasonable, taking into 
the possible effects of mantle cooling on convective vigor.   
Finally, we emphasize that the longitudal component of plate motion for time 
frames before Pangea formation is not as precisely determined due to the longitudal 
uncertainty in paleomagnetic reconstruction of continental positions such as presented 
in the Paleomap Atlas. However, because the convergent plate boundaries between 
the Pro-Laurussia and Gondwana plates are largely in the east-west direction (Fig. 
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3.2C), and also because we are interested in the large-scale mantle structure in this 
study, we believe that to the first order our plate motion model is sufficient.  
  
3.4. Results 
In this section, we present model results for the time evolution of global mantle 
structure from Pangea time to the present-day and compare present-day mantle 
structure between models and seismic observations (Fig. 3.1) (Ritsema et al., 1999). 
In total, 22 models are computed with different plate motion history, initial thermal 
structures, mantle viscosity, convective vigor and other parameters (Table 3.2). We 
focus on the evolution of the mantle in the African hemisphere in the last 450 Myr 
and its effects on global mantle structure. 
3.4.1. Time evolution of mantle structure for models with standard plate motions 
We first present 9 cases (cases FS1 to FS9 in Table 3.2) that include our proxy 
model for plate motion history from 458 Ma to the present-day (Figure 3.2). As 
discussed in section 3.3.1, the initial thermal and chemical structures for these 
calculations include a 1-D temperature profile for the whole mantle and a 250-km 
thick chemical layer above the CMB. Model calculations for these cases start with the 
plate motion for the 458 Ma frame (Fig. 3.2C), but this plate motion is maintained for 
150 Ma before plate motions are updated with those for later time frames. This 
modeling procedure is used to take into account of the convergence between proto-
Laurussia and Gondwana before 458 Ma (Scotese, 2001). A similar procedure was 
used in Bunge et al. (1998) and McNamara and Zhong (2005) in modeling mantle 
structure evolution for the last 120 Ma.  
We start with our reference case FS1 that has Rayleigh number Ra of 2x108, heat 
generation rate H of 100, and buoyancy number B of 0.5 (Table 3.2). The pre-  
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Table 3.2. Input parameters and outputs for mantle convection models 
Case Ra 0lm1 (T,P)2 H B IC & BC3 (t1, t2, r)4 (%)5
FS1 2x108 2.1 104(P1) 100 0.5 IC1(BC1) (256,178,1.33) 61 
FS1H 2x108 2.1 104(P1) 100 0.5 IC1(BC1) (252,176,1.31) 60 
FS2 2x108 3.33 104(P2) 100 0.5 IC1(BC1) (271,190,1.71) 60 
FS3 2x108 1 104(P1) 100 0.5 IC1(BC1) (289,222,1.92) 58 
FS4 2x108 1.58 104(P2) 100 0.55 IC1(BC1) (294,235,2.07) 58 
FS5 2x108 2.1 102(P1) 100 0.5 IC1(BC1) (255,200,1.41) 63 
FS6 2x108 2.1 104(P1) 100 0.6 IC1(BC1) (263,191,1.40) 65 
FS7 2x108 2.1 104(P1) 100 0.7 IC1(BC1) (273,236,1.47) 67 
FS8 2x108 2.1 104(P1) 50 0.6 IC2(BC1) (218,123,1.11) 34 
FS9 7x107 2.1 104(P1) 100 0.5 IC1(BC1) (173,125,1.09) 66 
FS10 2x108 2.1 104(P1) 100 0.5 IC1(BC2) (243,148,1.24) 61 
FS11 2x108 2.1 104(P1) 100 0.5 IC1(BC3) (241,159,1.29) 62 
PS120_11 2x108 2.1 104(P1) 100 0.5 IC3(BC1) -- 62 
PS220_11 2x108 2.1 104(P1) 100 0.5 IC3(BC1) -- 62 
PS320_11 2x108 2.1 104(P1) 100 0.5 IC3(BC1) -- 61 
PS420_11 2x108 2.1 104(P1) 100 0.5 IC3(BC1) -- 62 
PS220_11V 2x108 1 104(P1) 100 0.5 IC3(BC1) -- 60 
PS220_6 2x108 2.1 104(P1) 100 0.5 IC4(BC1) -- 61 
PS320_6 2x108 2.1 104(P1) 100 0.5 IC4(BC1) -- 61 
FS_L2 2x108 2.1 104(P1) 100 0.5 IC5(BC1) (290,233,1.23) 62 
PS120_L2 2x108 2.1 104(P1) 100 0.5 IC5(BC1) -- 59 
PS250_L2 2x108 2.1 104(P1) 100 0.5 IC5(BC1) -- 59 
0lm is the pre-exponential factor for the viscosity equation for the lower mantle. The prefactors for the 
lithosphere (i..e, <100 km depth) and for the upper mantle between 100 km and 670 km depths are 1 
and 0.0333, respectively for all cases. 
(T,P)2: the values outside the parentheses represent the viscosity variations caused by temperature 
variations, while the symbols in the parentheses represent either a factor of 10 linear variations in 
viscosity with depth across the mantle (P1) or no such a continuous variations with depth (P2). 
3 The symbols for initial and boundary conditions. Five different initial conditions, IC1-IC5, and three 
boundary conditions, BC1-BC3, are used. BC1 stands for the standard plate motion model in Figure 2, 
while BC2 and BC3 are for those with 60o and 120o rotations of plates for frames before 119 Ma with 
respect to BC1. For IC1, IC2 and IC5, plate motion of 458 Ma frame is used at the beginning for 150 
Ma before later frames are used. IC1 and IC2 use 1D temperature profiles from pre-calculations with 
free-slip boundary conditions with H=100 and 50, respectively, while IC5 uses the present-day thermal 
structure from the reference case FS1 as initial conditions. IC3 and IC4 are for calculations with 
initially downwellings in the Pacific hemisphere from 11 cm/yr and 6 cm/yr plate convergence for 100 
Ma, respectively. Also for IC3 and IC4, plate motion boundary condition is from FS1 but starts 
immediately at corresponding times.  
4 t1 and t2 represent the times when the power of degree-2 reaches the minimum and surpasses the 
degree-1, respectively (see Fig. 7b). r is the ratio of the power of degree-1 to degree-2 at 330 Ma. 
5 is the internal heating rate. 
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calculation for this case using free-slip boundary conditions yields globally averaged 
surface motion of 3.6 cm/yr and surface heat flux ~70 mW/m2, suggesting that the 
convective vigor is comparable to the Earth’s mantle. A temperature- and depth- 
dependent viscosity is used with a non-dimensional activation coefficient, E=9.2103, 
that leads to a temperature-induced viscosity variation of 104. The depth-dependent 
viscosity includes a weak upper mantle, and a moderately strong lithosphere and 
lower mantle (Fig. 3.4A), consistent with that inferred from the geoid studies (e.g., 
Hager and Richards, 1989). The depth-dependent pre-factors 0(r) in equation (9) for 
the lithosphere and the upper mantle are 1, and 1/30, respectively (Table 3.2). For the 
lower mantle, 0(r) increases linearly from 2.0 at the 670 km depth to 6.8 at the CMB. 
This leads to a mantle viscosity structure in which the lower mantle viscosity on 
average is ~ two orders of magnitude higher than that in the upper mantle (Fig. 3.4A). 
With Ra of 2x108, the averaged viscosities for the upper mantle and lower mantle are 
~7x1019 Pas and ~1022 Pas, respectively. Case FS1 yields a globally averaged surface 
heat flux of ~84 mW/m2 for the present-day, comparable to the observed (e.g., 
Pollack et al., 1993). The internal heating rate for this case determined posterior from 
the surface and CMB heat flux is ~61% (Table 3.2), implying a significant but 
reasonable fraction of heating from the core (e.g., Zhong, 2006; Leng and Zhong, 
2008).  
For case FS1, temperature fields at 2750 km depth at 458 Ma, 330 Ma, 250 Ma, 
195 Ma and 120 Ma, and for the present-day are shown in Figure 3.5, and 3-D mantle 
thermochemical structures at 330 Ma, 120 Ma ago and the present-day are presented 
in Figure 3.6. Together, they show significant time-dependence in mantle structures, 
particularly in the African hemisphere. Before Laurussia and Gondwana collides at 
330 Ma to form Pangea, the convergence between these two major continental plates  
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Figure 3.4. Depth-dependences of horizontally averaged (a) mantle viscosities for 
cases FS1, FS2, FS3, FS4, FS5, and FS8, and (b) mantle temperatures for cases FS1 
and FS8. 
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Figure 3.5. Snapshots of mantle thermal structures at 2750 km depth for case FS1 at 
(A) 458 Ma, (B) 330 Ma, (C) 250 Ma, (D) 195 Ma, (E) 120 Ma, and (F) the present 
day. Solid and dashed lines in Figure 3.5A-3.5E represent continental and oceanic 
plate boundaries, respectively. The two black circles in Fig. 3.5A mark the areas for 
quantifying the temperature variations in the African hemisphere shown in Fig. 3.7A. 
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Figure 3.6. Three-dimensional hemispherical views of thermochemical structures for 
case FS1 at 330 Ma (A, B), 120 Ma (C, D) and the present-day (E, F). The thermal 
structures are plotted as isosurfaces of residual temperature with contour levels of -
0.18 (blue) and 0.18 (yellow), and the chemical structures are plotted as isosurfaces of 
compositional field (transparent green). The core mantle boundary is plotted as a red 
spherical surface. Plate boundaries are plotted for the 330 Ma and 120 Ma time 
frames, while for the present day the coastlines are plotted for reference. The panels 
on the left column are centered on longitude 30o (i.e., the African hemisphere), while 
those on the right column are centered on longitude 210o (i.e., the Pacific hemisphere). 
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results in cold downwellings in the African mantle. The downwelling materials sweep 
the chemically dense materials to the Pacific hemisphere and below the South 
Gondwana to form largely a single pile above the CMB (Fig. 3.5A and 3.5B and Fig. 
3.6A). The chemical piles accumulate below the South Gondwana because of the 
reduced convergence rate between Gondwana and the Pacific plates with Gondwana 
moving northward (e.g., Fig. 3.2C). After the formation of Pangea, the convergence 
between Laurussia and Gondwana stops, and the circum-Pangea subduction causes 
significant reorganization of mantle structure in the African hemisphere. Particularly, 
subduction at the southeast side of Pangea breaks the chemical pile into two and 
sweeps part of the chemically dense materials towards the African hemisphere (Fig. 
3.5C and 3.5D). Eventually, a major hot upwelling system overriding a major 
chemical pile forms in the African hemisphere (Fig. 3.5E, 3.5F, 3.6C and 3.6E). The 
time evolution of mantle structure in the African hemisphere can also be seen from 
the averaged mantle temperature in the central region of the African hemisphere that 
increases significantly at 330 Ma and also during the last 100 Myr (Fig. 3.7A). 
The mantle in the Pacific hemisphere from case FS1 is always predominated by a 
major upwelling system overriding a chemical pile at the CMB (Fig. 3.5 and Fig. 3.6B, 
3.6D, and 3.6F), as a result of the assumed divergent plate motions for this 
hemisphere. Therefore, on a global scale, while the Pacific superplume is always 
present in the model, the African hemisphere is relatively cold at the time of Pangea 
formation and the African superplume is not formed until some time after Pangea 
formation. This global scale mantle structure evolution can also be seen in the power 
spectra of mantle temperatures at different times (Fig. 3.7B, 3.8A and 3.8B). The 
mantle temperature field near the CMB is predominated by spherical harmonic 
degree-1 pattern during and shortly after the Pangea formation (Fig. 3.7B), consistent  
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Figure 3.7. Time dependence of (A) averaged temperature in the African hemisphere 
for cases FS1 and FS_L2, (B) the powers at spherical harmonic degrees 1 and 2 for 
cases FS1 and FS3, and (C) FS7 and FS8. In Figure 3.7A, the temperatures are 
averaged for the mantle over the areas shown in Figure 3.5A.  
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Figure 3.8. Normalized power spectra at different depths for the temperature fields 
from case FS1 at (A) 330 Ma and (B) the present day, (C) degree correlations between 
model S20RTS and the present-day temperature field of case FS1 at different depths, 
and (D) the sum of degree correlations for degrees 1 to 6 at different depths for 
different cases. The right panels in Figure 8a and 8b show the maximum power at 
different depths. 
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with the single major upwelling system in the Pacific hemisphere during this time 
(Fig. 3.5B and 3.6B). At 330 Ma, the degree-1 pattern dominates almost all the depths 
in the mantle (Fig. 3.8A). However, the degree-1 structure starts to decrease after the 
Pangea formation at 330 Ma (Fig. 3.7B). As the African upwelling system forms, the 
degree-2 structure starts to increase at 256 Ma, and surpasses the degree-1 at 178 Ma 
(Fig. 3.7B and Table 3.2). 
We now focus on present-day mantle structure from case FS1 and compare it with 
seismic model S20RTS (Ritsema et al., 1999). The present-day mantle structure for 
case FS1 compares well with the seismically observed, including the African and 
Pacific superplumes and the circum-Pacific subduction zones (Fig. 3.5F and 3.1A). 
The power spectra of the temperature field for case FS1 shows that the strongest 
power occurs at degree 2 in the lower mantle while in the upper mantle the strongest 
power is at degree 3 (Fig. 3.8B). This compares reasonably well with model S20RTS 
(Fig. 3.1B). However, in model S20RTS, the degree-2 structure dominates the entire 
mantle except for the top 400 km where the degree-1 is more important (Fig. 3.1B), 
and the degree-3 structure is not as significant as that in case FS1. This is an 
improvement over the models by McNamara and Zhong (2005) and Bull et al. (2009) 
that show stronger degree-3 structures than degree-2 in the lower mantle with only the 
last 120 Ma plate motion history. The degree correlation between model S20RTS and 
case FS1 shows that the best correlation occurs at the degree-1 and degree-2 in the 
lower mantle (Fig. 3.8C). The upper mantle and the short wavelength structures do 
not correlate very well between convection and seismic models. This is also 
confirmed by the summed degree correlation for the first six harmonics (i.e., degrees 
1 to 6) (Fig. 3.8D). Finally, case FS1H with a higher resolution (12x643 elements) is 
computed and confirms the results from case FS1 (Table 3.2).  
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We now present eight more cases (cases FS2-FS9 in Table 3.2) in which we vary 
the viscosity structures, buoyancy ratio B, internal heat generation H, and Rayleigh 
number Ra. These eight cases are used to examine the effects of the relevant model 
parameters on the main results from case FS1: 1) the time evolution of mantle 
structure, particularly mantle structure in the African hemisphere, 2) the present-day 
mantle structure.    
Cases FS2, FS3 and FS4 differ from case FS1 mainly in depth-dependent 
viscosity. In Case FS2, the pre-factor r at the 670 km depth increases from 2.0 for 
case FS1 to 3.33 (Table 3.2), but case FS2 eliminates the linear increase in viscosity 
with depth. As a result, the averaged viscosity for the lower mantle between cases FS1 
and FS2 is similar (Fig. 3.4A). Case FS3 differs from case FS1 only in having a 
reduced pre-factor of 0.73 at the 670 km depth while the linear increase of a factor of 
3.4 across the lower mantle is kept. This leads to the lower mantle in case FS3 that is 
about three times weaker than that for case FS1. Case FS4 differs from case FS2 also 
in having 2.5 times smaller viscosity for the lower mantle, but the buoyancy number 
B is increased slightly to 0.55 (Table 3.2). 
Cases FS2-FS4 show similar results to case FS1 for the time evolution of mantle 
structure and for the present-day mantle structure (Fig. 3.7B, 3.9A and 3.9B for case 
FS3). However, while the degree-1 structures for cases FS2-FS4 start to decrease at 
~330 Ma, similar to that for case FS1, the degree 2 structures for cases FS2-FS4 start 
to increase and surpass that at degree 1 at much earlier times than for case FS1 (Table 
3.2). For example, the power at degree 2 surpasses that at degree 1 at 190 Ma, 222 Ma 
and 235 Ma, respectively for cases FS2, FS3 and FS4, compared with 178 Ma for case 
FS1 (Table 3.2). We think that the faster development of the degree-2 structure (i.e., 
the African superplume structure) for cases FS2-FS4 is caused by the reduced  
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Figure 3.9. Temperatures at 2750 km depth at 330 Ma (left column) and the present 
day (right column) for cases FS3 (A, B), FS7 (C, D), FS8 (E, F), and FS11 (G, H). 
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viscosity for the bottom 1000 km of the lower mantle which makes the lower mantle 
flow and deform more easily. It should be pointed out that the reduced viscosity for 
the lower mantle enhances the entrainment for the chemically dense materials and 
results in reduced sizes for the present-day African and Pacific chemical piles, as 
evident in their thermal structures (Fig. 3.9b for case FS3). In fact, a slightly higher 
buoyancy number B=0.55 is needed in Case FS4 to prevent the chemical piles from 
becoming fully entrained.   
 Case FS5 differs from case FS1 in having a reduced activation energy that gives 
rise to viscosity variation of 102 due to temperature variations, compared to 104 in 
case FS1 (Table 3.2 and Fig. 3.4A). Case FS5 shows similar results for time evolution 
of mantle structure and the present-day structure to case FS1. However, the power at 
degree 2 becomes stronger than that at degree 1 at 200 Ma ago, earlier than that for 
case FS1 (Table 3.2). This could be due to the smaller viscosity for the bottom 1000 
km of the lower mantle (Fig. 3.4A), compared with case FS1.  
The buoyancy ratios B for cases FS6 and FS7 are 0.6 and 0.7, respectively, which 
is the only difference from case FS1 (Table 3.2).  It is well known that a larger 
buoyancy ratio leads to less deformation for the chemical layer (e.g., Davaille, 1999; 
Tackley, 1998; Kellogg et al., 1999; McNamara and Zhong, 2004a). This is also 
observed in cases FS6 and FS7. For example, for case FS7, the CMB region affected 
by the downwelling slabs is much more limited (Fig. 3.9C and 3.9D) than in case FS1, 
and the present-day structure differs significantly from the seismically observed (Fig. 
3.1). However, the power spectra for the CMB region still shows degree-1 to degree-2 
structure change, although the amplitude of the power is much less than that in case 
FS1 (Fig. 3.7C). A noticeable trend for cases FS1, FS6 and FS7 is that the internal 
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heat rate increases significantly with B (Table 3.2), reflecting less efficient heat 
transfer at the CMB with increased B.  
Case FS8 differs from case FS1 in having a smaller internal heat generation rate 
(H=50) and a larger buoyancy ratio (B=0.6). Internal heating rate for this case is 
reduced to 34% compared to 61% in case FS1 (Table 3.2). With the reduced H, the 
mantle temperature for case FS8 (from the pre-calculation) is much cooler than that 
for case FS1 (Fig. 3.4B), and this leads to much higher viscosity for case FS8 (Fig. 
3.4A). Case FS8 shows similar results to case FS1 for the time evolution of mantle 
structures and for the present-day structure (Fig. 3.7C, 3.9E and 3.9F). However, due 
to the increased mantle viscosity, the degree-2 structure forms much slower in the 
lower mantle for case FS8 (Fig. 3.7C and Table 3.2) than for case FS1.  It is also 
worthwhile to point out that for this case, a higher buoyancy number B is needed to 
reduce the entrainment of the chemical piles. This is probably because the relatively 
cold mantle for this case makes the chemical piles effectively more buoyant.  
In Case FS9, the Rayleigh number is reduced by a factor of three to Ra=7x107 
(Table 3.2), and otherwise this case is identical to case FS1. Reducing Ra is 
equivalent to increasing mantle viscosity uniformly. Therefore, it is not surprising to 
see that the formation of degree-2 structure is delayed, compared to case FS1 (Table 
3.2). Otherwise, case FS9 shows similar results to case FS1.  
3.4.2. Effects of different plate motion and initial thermal structures 
In cases FS1-FS9, the prescribed time-dependent surface plate motion is based on 
the proxy model of plate motion history for the last 458 Ma (Fig. 3.2) that assumes 
four divergent plates for the Pacific hemisphere during this entire period of time. In 
this sub-section, we examine the effects of this assumption on the main results, 
particularly the time evolution of mantle structure in the African hemisphere.  
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We first present five cases (cases FS10-FS14 in Table 3.2) that differ from cases 
FS1-FS9 in plate configuration, Euler poles, and rotational rates for oceanic plates 
while the plate motions in the Pacific hemisphere are kept as divergent motions. In 
cases FS10 and FS11, the oceanic plate configurations and plate motions in the 
Pacific hemisphere before 119 Ma are rotated by 60o and 120o, respectively, 
compared with that used in case FS1. For cases FS10 and FS11, the oceanic plates are 
assigned with new Euler poles but keep the same rotational rates as those in case FS1. 
Cases FS10 and FS11 are otherwise identical to case FS1. The general results from 
cases FS10 and FS11 (Fig. 3.9G and 3.9H for case FS11) are similar to those for case 
FS1, although the African superplume and degree-2 structure appear to form later 
than those in case FS1 (Table 3.2). We did not compute other cases with further 
rotations for the oceanic plates, because with the plate configurations used here, 
further rotation would give rise to plate motions similar to that in either case FS1, 
FS10 or FS11.  
Case FS12 differs from case FS1 in that the Pacific hemisphere before 119 Ma is 
divided into three plates with a triple junction at the center of the Pacific hemisphere, 
while case FS1 includes four plates in the Pacific hemisphere (Fig. 3.2C-3.2H). One 
spreading center that forms the triple junction goes through the South Pole, while the 
other two spreading centers are at 120o and 240o angles from the first one. Case FS12 
also shows similar time evolution of mantle structures to that for case FS1 while the 
formation of degree-2 structure (i.e., the African superplume) is earlier by ~6 Ma than 
that in case FS1 (Table 3.2).  
Case FS13 differs from case FS12 only in having an increased average plate 
motion of 11 cm/yr for oceanic plates in the Pacific hemisphere before 119 Ma, 
compared to 8 cm/yr in case FS12 and other previous cases. Compared with cases 
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FS12 and FS1, case FS13 shows a weaker degree-1 structure at 330 Ma, relative to 
the degree-2 (Table 3.2). However, the formation of the degree-2 structure and 
African superplume is still delayed compared with cases FS12 and FS1 (Table 3.2). 
Notice that case FS4 with a reduced viscosity in the lower mantle (Fig. 3.4A) 
produces the degree-2 structure and African superplume the earliest at 235 Ma (Table 
3.2), we computed Case FS14 that differs from case FS4 only in plate motions and 
plate configurations that are the same as those in case FS13 (i.e., three plates in the 
Pacific hemisphere with 11 cm/yr average plate speed before 119 Ma) (Table 3.2). 
Case FS14 produces the degree-2 structure and African superplume at 239 Ma, only 4 
Myrs earlier than in case FS4 but ~70 Myrs earlier than in case FS13 (Table 3.2), 
suggesting an important role of the lower mantle viscosity in forming the African 
superplume structure.   
Our calculations so far assume divergent plate motions in the Pacific hemisphere. 
Although this assumption does not significantly affect our results on time evolution of 
mantle structure in the African hemisphere, it is responsible for producing the 
upwelling system in the Pacific hemisphere and hence the degree-1 structure in our 
models. Although such an assumption is consistent with geological evidence for the 
prolonged subduction zones along continental margins surrounding the Paleo-Pacific 
(e.g., Li and Powell, 2001; Scotese, 2001), we will further examine the effects of the 
assumption on our models. To address this issue, we pose the following question: 
supposing that plate convergence had occurred over some period of time in the past in 
the Pacific hemisphere, how would the subsequent divergent plate motion in the 
Pacific hemisphere erase the influence of the plate convergence and produce the 
present-day mantle structure with the Pacific superplume?  
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Figure 3.10. Temperatures at 2750 km depth (A) as initial temperature fields for cases 
PS120_11, PS220_11, PS320_11 and PS420_11, and the present-day thermal 
structures for (B) case PS120_11, (C) PS220_11, (D) PS320_11 and (E) PS420_11. 
Figure 10(F) is the initial temperature field for cases PS220_6 and PS320_6, while 
Figure 10(G) and 10(H) are the present-day thermal structures for cases PS220_6 and 
PS_320, respectively.  
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We first compute a case with the plate convergence of 100 km thick plates at a 
convergence rate of 11 cm/yr for 100 Ma in the Pacific hemisphere to produce an 
initial downwelling there (Fig. 3.10A). We then calculate four cases that use this 
Pacific downwelling structure as initial thermal condition but with our proxy model 
for plate motion history starting, respectively, from 120, 220, 320, or 420 Ma ago 
(cases PS120_11, PS220_11, PS320_11 and PS420_11 in Table 3.2). Other than the 
initial thermal structure and different plate motion history, these four cases use the 
same model parameters as case FS1. Calculations from these four cases show that 
with the initial Pacific downwelling structure (Fig. 3.10A), plate motions for the last 
320 Ma with divergent plate motions in the Pacific hemisphere may still not erase the 
cold structure in the Pacific to reproduce the seismic structure (Fig. 3.10B, 3.10C and 
3.10D). In case PS320_11, while the overall structure at the CMB is similar to the 
present-day mantle structure, a 30o wide cold anomaly remains in the central Pacific 
(Fig. 3.10D) that differs significantly from the seismic structure. However, case 
PS420_11 with the last 420 Ma plate motion history reproduces the present-day CMB 
structure well (Fig. 3.10E). The degree correlation between the modeled present-day 
structures and the S20RTS model shows that for the bottom 1000 km of the mantle, 
the correlation is generally better than 0.5 for cases PS320_11 and PS420_11, while 
the correlation is significantly degraded for other two cases with shorter times of plate 
motion (Fig. 3.8D).  
We computed three additional cases to examine the effects of an initially weaker 
Pacific downwelling and a lower mantle with reduced viscosity. Cases PS220_6 and 
PS320_6 (Table 3.2) use an initial Pacific downwelling that is created with 6 cm/yr 
plate convergence for 100 Ma in the Pacific hemisphere (Fig. 3.10F). In cases 
PS220_6 and PS320_6, plate motion history for the last 220 and 320 Ma are used, 
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respectively. With reduced initial Pacific cold anomalies, it appears that more than 
220 Ma plate motion history is needed to reproduce the present-day mantle structure 
(Fig. 3.10G and 3.8D), given that the degree correlation for case PS220_6 is generally 
less than 0.5 in the lower mantle. However, case PS320_6 reproduces the present-day 
structure well (Fig. 3.10H and 3.8D). Considering the result from cases FS1-FS9 that 
the formation of the present-day African structure is more rapid for the lower mantle 
with a smaller viscosity, we computed case PS220_11V that is the same as PS220_11 
except that the lower mantle viscosity is reduced by a factor 2 (i.e., the viscosity for 
case FS3). However, we found that the reduced viscosity for the lower mantle remains 
unable to reproduce the present-day mantle structure (Fig. 3.8D).  
In short, this series of calculations with initial cold downwellings in the Pacific 
hemisphere suggest that if plate convergence had occurred in the central Pacific 
region, it may not have occurred in the last 220 Ma, most likely not in the last 300 
Myr, for geologically reasonable convergence rates for oceanic plates (i.e., > 8 cm/yr 
convergence rate for over 100 Myr).  
We now present three calculations (cases FS_L2, PS250_L2 and PS120_L2 in 
Table 3.2) to examine how the African superplume structure, if it exists in the 
geological history (e.g., before the Pangea), responds to the plate motion history in 
our proxy model. These calculations have implications for the hypotheses of long-
term stability for the African and Pacific superplume structure (Burke et al., 2008; 
Torsvik et al., 2008a). Case FS_L2 differs from case FS1 only in the initial 
thermochemical structure which is taken from the present-day thermochemical 
structure of case FS1 with the well developed African and Pacific superplumes (Fig. 
3.5F, 3.6E, 3.6F, and 3.11A). The purpose is to examine how the imposed plate 
convergence between Laurussia and Gondwana and the resulting cold downwelling  
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Figure 3.11. Temperatures at 2750 km depth for case FS_L2 (A) as initial 
temperatures, at (B) 330Ma and (C) the present day, and (D) its time-dependent 
power spectra, and for the present-day structure for cases (E) PS250_L2 and (F) 
PS120_L2. In Fig. 3.11E, the west boundary of the African superplume is shown at 
250 Ma (white), 220 Ma, 170 Ma (the easternmost line), 120 Ma and the present-day 
(black). In Fig. 3.11F, the west boundary of the African superplume is shown at 120 
Maresent-day (black). 
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slabs before Pangea formation would affect the initially prescribed African 
superplume structure. We found that the initially prescribed African superplume 
structure is greatly displaced southwards by the downwelling slabs and is largely 
erased by the time of Pangea formation (Fig. 3.11B and 3.11D). In fact, at the time of 
Pangea formation and for the present-day, the mantle structures from case FS_L2 are 
very similar to those from case FS1 at the corresponding times (Fig. 3.11B and 3.11C). 
The smaller size for the African structure at the present-day for case FS_L2 (Fig. 
3.11C), compared to its initial structure (Fig. 3.11A), is caused by the entrainment.  
Cases PS250_L2 and PS120_L2 use the same initial condition (i.e., two 
superplumes) as in case FS_L2, but are computed with plate motion history for the 
last 250 Myr and 120 Myr (i.e., after the Pangea formation), respectively. We found 
that for these two cases, the plate motion history for the last 120 Myr and 250 Myr 
does not significantly modify the overall structures of the African and Pacific 
superplumes (Fig. 3.11E and 3.11F), compared to their initial structures (Fig. 3.11A). 
However, the positions and boundaries of the superplumes are not stationary. For 
example, in case PS120_L2, the west boundary of the African superplume or 
chemical pile migrates westward by ~20o for the last 120 Ma (Fig. 3.11F). In case 
PS250_L2, the west boundary of the African pile first migrates eastward for ~15o 
between 250 Ma and 170 Ma, and then reverses the direction to migrate back to 
nearly its initial positions at the present-day (Fig. 3.11E). Therefore, cases FS_L2, 
PS120_L2 and PS250_L2 with initially two superplumes and chemical piles further 
demonstrate that the chemical piles dynamically interact with mantle flows.  
 
3.5. Discussion 
 68
In this study, we constructed a proxy model of global plate motion for the last 450 
Myr in which the continental plates for the African hemisphere are constrained by 
published paleogeography of continents, while the oceanic plates for the Pacific 
hemisphere are assumed to be predominated by divergent plate motions. Using the 
plate motion model as time-dependent velocity boundary conditions in 3-D global 
mantle convection models, we examined the time evolution of the mantle structure, 
particularly for the African hemisphere, for the last 450 Ma, and tested the hypothesis 
by Zhong et al. (2007) that cold downwelling flows having predominated the African 
hemisphere during Pangea formation have been replaced with hot upwellings after 
Pangea formation and that the global mantle structure has changed from largely 
degree-1 to degree-2 planforms accordingly. Here we discuss the implications of our 
main results for mantle dynamics in the African hemisphere and on the global scale. 
3.5.1. Time evolution of the African mantle structure since the Pangea time 
Our 3-D mantle convection models with the plate motion history for the last 450 
Ma demonstrate that during and sometime after the Pangea formation, the mantle 
including the CMB regions in the African hemisphere is predominated by the cold 
slabs accumulated over 200 Ma of plate convergence between Gondwana and proto-
Laurussia that eventually leads to the formation of Pangea. The bulk of the African 
superplume including its underlying chemical pile is formed after the Pangea 
formation over some period of time that depends on model parameters, particularly 
the lower mantle viscosity. We believe that our modeled mantle structural evolution 
for the African hemisphere is robust because the plate motion history for the African 
hemisphere used in our models that plays a dominant role in shaping the mantle 
structure in the African hemisphere is geologically and paleomagnetically constrained 
(e.g., Scotese, 2001). 
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Our model results are consistent with the widely accepted notions that subduction 
over long geological times cools the mantle below, as evident in the seismic structure 
for the circum-Pacific mantle (e.g., Hager et al., 1985; Ricard et al., 1993; Lithgow-
Bertelloni and Richards, 1998; Bunge et al., 1998), and that the cold downwellings 
upon reaching the CMB sweep aside chemical piles (e.g., Tackley, 1998; Kellogg et 
al., 1999; Jellinek and Manga, 2002), as evident in the African and Pacific chemical 
piles (McNamara and Zhong, 2005). The latter arises because with the liquid outer 
core, the CMB is a mechanically free-slip boundary over which chemically dense 
piles migrate readily in response to mantle downwelling flows, even for chemical 
piles with high viscosity (McNamara and Zhong, 2004a and 2004b). That plume 
sources migrate above the CMB in response to mantle flows is also consistent with 
studies on the relationships between hot spot tracks, mantle flow, and seismic 
tomography models (Boschi et al., 2007; Steinberger and Antretter, 2006; Steinberger 
and O’Connell, 1998) and plume dynamics (e.g., Lenardic and Kaula, 1994). 
Our result that the African mantle is predominated by cold downwellings during 
the Pangea formation but subsequently becomes hot after the Pangea formation is 
generally consistent with that proposed in Zhong et al. (2007) but does not support the 
suggestion by Burke et al (2008) that the African superplume structure may have 
remained unchanged during the last supercontinent cycle and beyond. Here, case 
FS_L2 is particularly relevant and revealing, as this case demonstrates that an African 
superplume structure, even if existing before Pangea formation, could not have 
survived the cold downwelling flows from convergent plate motions between 
Laurussia and Gondwana (Fig. 3.11A-3.11D).  
How and when the African superplume structure is formed in relation to the 
Pangea supercontinent cycle is an important question with implications for continental 
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magmatism and tectonism for the last 300 Ma. Our models show that the formation of 
the African superplume depends on the lower mantle viscosity and also modestly on 
oceanic plate motions (Fig. 3.7 and Table 3.2). However, based on the models that we 
have calculated so far for this study, it is unlikely that the bulk of the African 
superplume could have been formed earlier than 240 Ma ago, although individual 
mantle plumes could occur earlier (Fig. 3.5, 3.7 and Table 3.2). Furthermore, the plate 
motion history for the last 120 Ma plays an important role in placing the African 
superplume structure at its present-day location (Fig. 3.5E and 3.5F). This is 
consistent with McNamara and Zhong (2005) who demonstrated that the main 
features of the African superplume could be reproduced from the last 120 Myr plate 
motion alone.  
The relatively young age for the African superplume structure and its dynamic 
nature from our models (e.g., cases FS1, PS120_L2 and PS250_L2, Fig. 3.5, 3.11E 
and 3.11F) may also pose challenges to the proposal that the African superplume and 
its underlying chemical pile may have remained unchanged for the last 300 Ma on the 
basis of studies of a large igneous province of that age (Torsvik et al., 2006, 2008a, 
2008c). Torsvik et al (2006) showed that most of LIPs for the last 252 Ma at their 
eruption times are located above the edges of the Pacific and African superplume 
structures (also see Thorne et al., 2004), or more specifically, near the 1% contour 
lines of seismic velocity anomalies above the CMB in the smean model by Becker 
and Boschi (2002) (i.e., the large low shear wave velocity provinces or LLSVPs, as 
Garnero et al. (2007) referred). They suggested that LIPs are derived from the edges 
of LLSVPs that are stable for at least the last 252 Myr. Recently, Torsvik et al. (2008c) 
suggested that the 298 Ma old Skagerrak-Centered LIP may also be related to 
LLSVPs, and further proposed that LLSVPs are stable for the last 300 Myr.  
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While more studies from both observational and physical mechanism aspects are 
needed to further test Torsvik et al’s model, we also believe that their model warrants 
further deliberations. First, it is unclear how the model that LLSVPs are stable for the 
last 300 Ma explains the uneven temporal distribution of LIPs events during the 
Pangea supercontinent cycle (e.g., Prokoph et al., 2004; Li and Zhong, 2009). LIP 
events only became frequent at ~200 Myr ago (i.e., shortly before the Pangea 
breakup), and most of them occurred between 150 Myr and 50 Myr ago (e.g., Larson 
et al., 1991; Torsvik et al., 2008a). Between 330 Myr and 200 Myr ago, there were 
only three well-documented LIPs globally: Skagerrak, Emeishan and Siberia Traps. 
Second, some significant LIPs including Columbia River, Greenland-Iceland, 
Emeishan, and Siberia Traps, are not obviously related to LLSVPs. Particularly 
relevant to the issue of long-term stability for LLSVPs are the Emeishan LIP and the 
Siberia Traps because of their >250 Ma ages. Torsvik et al. (2006, 2008a) attributed 
the Emeishan LIP to the Pacific LLSVP, and the Siberia Traps to a small patch of 
moderate low-speed anomalies that is >40 degree away from the African LLSVP. 
However, recent work in South China demonstrates that the Paleo-Pacific plate may 
have started to subduct westward under South China since at least ca. 270 Ma (Li et 
al., 2006; Li and Li, 2007), thus putting South China outside the Pacific hemisphere. 
The occurrence of LIPs away from the present-day LLSVPs may reflect the dynamic 
nature of LLSVPs as our modeling would imply. 
It should be pointed out that understanding the temporal and spatial distribution of 
magmatism during the Pangea supercontinent cycle has been a subject of study in 
geodynamics for many years. Anderson (1982) suggested that thermal insulating 
effects from Pangea could lead to increase in mantle temperature below Pangea, thus 
explaining the post-Pangea magmatism. Following Anderson’s idea and based on 3-D 
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convection models with purely internal heating, Coltice et al. (2007) recently 
proposed that the increased temperature below a supercontinent could reach to 100 K 
over a large area and lead to widely distributed volcanisms without mantle plumes. 
However, our study (Fig. 3.7A) and also Zhong et al. (2007) show that mantle 
temperature below Pangea is mostly controlled by convective heat transfer that is 
related to plate motions with Pangea’s insulating effects as secondary, also consistent 
with O’Neil et al (2009). The mantle below Pangea is relatively cold when Pangea 
was first formed due to the cold downwellings from the plate convergence between 
Laurussia and Gondwana, and it warms up later mostly due to the upwelling return 
flow in response to circum-Pangea subduction (Fig. 3.7A). That the mantle below 
Pangea is cold at Pangea formation from our models suggests that additional heating 
may be needed for Coltice et al. (2007)’s model to generate widespread melting below 
Pangea. How our dynamic models address the issue of the temporal and spatial 
distribution of magmatism during the Pangea supercontinent cycle needs to be further 
examined.  
3.5.2. Time evolution of the global mantle structure 
Our models show that the mantle in the Pacific hemisphere is predominated by a 
hot upwelling system from Pangea time to the present-day. However, mantle 
structural evolution for the Pacific hemisphere is dictated by the assumed divergent 
plate motion for the last 450 Ma there. Although this assumption is supported, to 
some extent, by reconstruction of the plate motion and plate age for the Pacific 
seafloor for the last 140 Ma (e.g., Muller et al., 2008; Lithgow-Bertelloni and 
Richards, 1998) and by the existence of subduction systems along Paleo-Pacific 
margins for much of the Paleozoic (e.g., Li and Powell, 2001; Scotese, 2001), we 
consider our results for the Pacific hemisphere for the early times are not as well 
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constrained as that for the African hemisphere where the plate motions are better 
known. If our result for the hot, upwelling system for the Pacific hemisphere is correct, 
then in conjunction with the time evolution of mantle structure in the African 
hemisphere, our models suggest that the global mantle structure is largely degree-1 
during Pangea formation and later turns into degree-2 when the African superplume 
structure is formed (Fig. 3.7B). This is consistent with the hypothesis of degree-1 to 
degree-2 mantle structure transition associated with supercontinent cycles proposed 
by Zhong et al. (2007).  
We attempted to put a constraint on the timing of when the Pacific hemisphere 
must have become a major upwelling system like the present-day, by correlating the 
present-day seismic structure with the modeled in cases that employ an initially cold 
downwelling structure in the Pacific hemisphere and our proxy plate motion model. 
We found, not surprisingly, that the answer depends on the strength of the initial cold 
downwelling structure employed in the model (Fig. 3.10). However, it appears that 
the present-day Pacific mantle structure would be inconsistent with existence of a 
significant plate convergence (e.g., ~10 cm/yr convergence rate for 100 Ma) in the 
Pacific hemisphere for the last 300 Ma. Here, it is interesting to point out that our 
results of possibly ~300 Ma long memory time for mantle convection with a given 
plate motion history are quite different from that of Bunge et al. (1998) who 
suggested that the present-day mantle structure may not depend on mantle structure 
~150 Ma ago. 
3.5.3. Comparison with the present-day mantle structure 
Our reference model (case FS1) and other models with similar buoyancy numbers 
(e.g., cases FS2 and FS3) reproduce the present-day seismic structure including the 
degree-2 structure, the African and Pacific superplumes, and circum-Pacific cold 
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anomalies in the lower mantle (Fig. 5f, 1b, 8b, 8c, 8d, and 9b). Earlier models using 
similar modeling methods but a shorter plate motion history (i.e., 120 Ma) also 
reproduced the main features of the African and Pacific superplumes (McNamara and 
Zhong, 2005; Bull et al., 2009), but these models also produced slightly stronger 
degree-3 structure than degree-2 near the CMB and cold downwelling structure below 
Africa, inconsistent with the seismic models. Our models overcome these two 
difficulties, suggesting that our proxy plate motion model with a longer history (~450 
Ma) helps explain the present-day mantle structure. Is the entire 450 Ma plate motion 
history needed to reproduce the present-day mantle structure? It appears that even 
with some pre-existing structure such as downwellings in the Pacific mantle that 
differs significantly from the present-day, ~300 Ma history of plate motion is 
sufficient to reproduce the present-day mantle structure (Fig. 3.8D). However, models 
with larger buoyancy numbers (e.g., case FS7) may not work as well, because they 
lead to too small downwelling regions at the CMB (Fig. 3.9D), compared with 
seismic tomography models (Fig. 3.1A) (Ritsema et al., 1999) and seismic 
observations of post-perovskite regions at the CMB (Lay and Garnero, 2007; van der 
Hilst et al., 2007).  
Comparing the present-day mantle structures between the dynamic and seismic 
models, we found that the correlations for depths shallower than 1500 km and also 
near 2300 km depth are not as good as those at other depths (Fig. 3.8D). Especially, 
convection models show strong degree-3 structure above 1200 km depth (Fig. 3.8B) 
that is not present in the seismic model (Fig. 3.1B). This seems to be counter-intuitive 
because with the imposed plate motion history, one would expect that the shallow 
mantle structure be matched better. There are a number of possible reasons. 1) 
Seismic models have non-uniform resolution due to uneven path coverage (e.g., for 
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the shallow mantle). This would suggest that more vigorous comparison techniques, 
such as those considering resolution operator (e.g., Ritsema et al., 2007; Bull et al., 
2009) may be needed. 2) Our convection models ignore features such as 410-km and 
670-km phase changes and continental keels at the shallow mantle, and post-peroskite 
phase change at the large depths that may cause the reduced correlations at those 
depths. 3) A significant fraction of mantle materials at the relatively shallow mantle 
away from subduction zones may be derived from the deep mantle from more distant 
past and carry the thermal and structure history that is beyond what our convection 
models can resolve. Future studies should attempt to address these issues. 
Finally, we wish to point out that the models presented here did not consider 
possible composition-dependent viscosity (e.g., McNamara and Zhong, 2004) and 
composition-dependent equation of state (e.g., Tan and Gurnis, 2005) for the dense 
components that may affect the morphology of the chemical piles above the CMB. 
We also ignored phase changes (e.g., at the 670 km depth and near the CMB) and did 
not consider purely thermal convection in our models (e.g., Bull et al., 2009). Our 
models can also be benefited from adding the plate reconstruction for the Pacific 
hemisphere at 140 Ma (Muller et al., 2008). While we do not think that these effects 
will significantly impact our main results including time evolution of the mantle 
structures, it is important to consider these effects in future studies.   
 
3.6. Conclusions 
This work investigates time evolution of mantle structure in the African 
hemisphere and as well as on a global scale for the last supercontinent cycle since 450 
Ma, using 3-D spherical mantle convection models that include time-dependent plate 
motion as the surface velocity boundary condition, depth- and temperature-dependent 
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viscosity, and chemically dense piles above the CMB. Our results can be summarized 
as the follows. 
1) We constructed a proxy model for global plate motion for the last 450 Ma. For 
the last 119 Ma, the global plate motion of Lithgow-Bertelloni and Richards (1998) 
was used. Before 119 Ma, the plate motion history for the African hemisphere was 
constrained by paleogeographic reconstruction of continents (Scotese, 2001), while 
divergent plate motions similar to that at 119 Ma are assumed for the Pacific 
hemisphere.  
2) Using the proxy plate motion model as time-dependent boundary conditions, 
we showed that our convection models with relatively small buoyancy number (~0.5) 
reproduce well the basic features of the present-day mantle structure including the 
African and Pacific superplumes and chemical piles, and a predominantly degree-2 
structure throughout the lower mantle.  
3) Our models demonstrated that the mantle in the African hemisphere around the 
Pangea time is predominated by cold downwellings resulting from the convergence 
between Gondwana and Laurussia. The downwellings sweep aside the chemical piles 
from most of the African mantle. The present-day African superplume structure may 
not have been formed until ~100 Ma after Pangea formation, as a result of upwelling 
return flow in response to the circum-Pangea subduction.  
4) The mantle in the Pacific hemisphere is predominated by a major upwelling 
system since the Pangea time, as a result of the assumed divergent plate motions there. 
Our calculations suggest that there cannot be significant plate convergence for the last 
~300 Ma in the Pacific hemisphere. Our model results are consistent with the 
hypothesis by Zhong et al (2007) for the time evolution of mantle structure in the 
African hemisphere and on a global scale in relation to supercontinent cycles, as well 
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as the geodynamic history hypothesized for the Rodinia supercontinent cycle (Li et al., 
2004; 2008; Li and Zhong, 2009). 
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Chapter 4 Heat fluxes at the Earth’s surface and core-mantle 
boundary since Pangea formation and their implications for the 
geomagnetic superchrons 
 
4.1. Summary 
The Earth’s surface and core-mantle boundary (CMB) heat fluxes are controlled 
by mantle convection and have important influences on Earth’s thermal evolution and 
geodynamo processes in the core. However, the long-term variations of the surface 
and CMB heat fluxes remain poorly understood, particularly in response to 
supercontinent Pangea – likely the most significant global tectonic event in the last 
500 Ma. In this study, we reconstruct temporal evolution of the surface and CMB heat 
fluxes since the Paleozoic by formulating three-dimensional spherical models of 
mantle convection with plate motion history for the last 450 Ma that includes the 
assembly and break-up of supercontinent Pangea. Our models reproduce well present-
day observations of the surface heat flux and seafloor age distribution. Our models 
show that the present day CMB heat flux is low below the central Pacific and Africa 
but high elsewhere with subducted slabs, particularly when chemically dense piles are 
present above the CMB. We show that while the surface heat flux may not change 
significantly in response to Pangea assembly, it increases by ~16% from 200 to 120 
Ma ago as a result of Pangea breakup and then decreases for the last 120 Ma to 
approximately the pre-200 Ma value. As consequences of the assembly and breakup 
of Pangea, equatorial CMB heat flux reaches minimum at ~270 Ma and again at ~100 
Ma ago, while global CMB heat flux is at maximum at ~100 Ma ago. These extrema 
in CMB heat fluxes coincide with the Kiaman (316-262 Ma) and Cretaceous (118-83 
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Ma) Superchrons, respectively, and may be responsible for the Superchrons. 
 
 
4.2. Introduction 
Heat fluxes at the Earth’s surface and core-mantle boundary (CMB) have 
important influences on Earth’s thermal evolution and geodynamo processes in the 
core (Davies, 1999; Aubert et al., 2008; Lay et al., 2008). It is generally agreed that 
the total surface heat flux for the present-day is ~44 TW, of which ~8 TW comes from 
the radiogenic heating in continental crust and ~36 TW is due to mantle convection 
process (e.g., Davies, 1999). The total surface heat flux is predominated by heat loss 
on sea floors, due to both their larger surface areas and larger averaged heat flux than 
those for continents (Fig. 4.1A) (Pollack et al., 1993). Oceanic heat flux is highest at 
the mid-ocean ridges and decreases with increasing distance from the ridges. This 
spatial distribution can be related to age distribution of the oceanic floor (Fig. 4.1B) 
and explained by a half space cooling model (e.g., Lister, 1977). However, time 
evolution of the surface heat flux is not well understood even for the most recent 
geological history associated with supercontinent Pangea. Grigne et al. (2005) 
suggested that the present-day heat flux is at its peak since Pangea breakup at ~180 
Ma ago, because Pangea breakup leads to shorter wavelength convection that transfers 
heat more efficiently. However, contrary to Grigne et al. (2005)’s proposal, Loyd et 
al., (2007) and Becker et al., (2009) showed that the total surface heat flux has 
decreased for the last 140 Ma at a rate of ~0.2% every million years, using plate 
reconstruction models that are available for back to the Cretaceous (i.e., ~140 Ma) 
(e.g., Muller et al., 2008). However, there has been no attempt to reconstruct surface 
heat flux history prior to Pangea breakup.  
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Figure 4.1. The observed present-day surface heat flux (A) (Pollack et al., 1993), 
seafloor age distribution (B) (Muller et al., 1997), the model present-day surface heat 
flux (C) and seafloor age distribution (D) for case HF1. 
 
 
CMB heat flux controls thermal evolution of the core, and has long been 
suggested to play a crucial role in powering the geodynamo (e.g., Davies, 1999; 
Buffet, 2002). Based on geodynamo modeling, Olson et al. (2010) suggest that global 
CMB heat flux and CMB heat flux in the equatorial regions may control the 
geomagnetic polarity reversals and may be the key to understanding the causes for the 
long-term (tens of millions of years) stable polarities such as the Kiaman and 
Cretaceous Superchrons that occurred during the time periods of 316-262 Ma and 
118-83 Ma ago, respectively (Opdyke and Channel, 1996; Cande and Kent, 1995). An 
unstable (stable) geomagnetic polarity occurs when CMB heat flux or equatorial 
CMB heat flux is high (low) (Olson et al., 2010). Several methods have been used to 
estimate CMB heat flux. Davies (1988) and Sleep (1990) used the swell topography 
and plate motions (i.e., plume buoyancy flux) to constrain the total CMB heat flux to 
be ~3.5 TW or ~10% of the total surface convective heat flux, but more realistic 
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model calculations (Zhong, 2006; Leng and Zhong, 2008) suggested that the total 
CMB heat flux is ~12 TW, due to adiabatic cooling effects on plume buoyancy flux. 
The latter is broadly consistent with that inferred from the perovskite to post-
perovskite phase change studies (Hernlund et al., 2005; Lay et al., 2008). Also, the 
present-day seismic structure has been used as a proxy for spatial distribution of CMB 
heat flux in geodynamo studies (Olson et al., 2010; Aubert et al., 2008; Olson and 
Glatzmaier, 1996). However, to apply geodynamo models to understand geomagnetic 
polarity reversals such as the Kiaman and Cretaceous Superchrons, it is necessary to 
formulate models of CMB heat flux that consider geological history back to Pangea 
era (~330 Ma ago).  
The surface and CMB heat fluxes are controlled by mantle convection. Although 
mantle convection models have been formulated to constrain time evolution of mantle 
structures and to interpret mantle seismic structure (e.g., Bunge et al., 1998; 
McNamara and Zhong, 2005; Zhong et al., 2007) and surface vertical motion history 
(e.g., Liu et al., 2008; Moucha et al., 2008), no such attempts have been made to 
reconstruct the surface and CMB heat flux history. A difficulty in reconstructing 
mantle convection and heat flux history back to the Pangea era is the lack of 
constraints on plate motion history for the Paleo-Pacific Ocean before 120 Ma (e.g., 
Lithgow-Bertelloni and Richards, 1998), although continental plate motions in the 
African hemisphere are well constrained since the Paleozoic as in the assembly and 
breakup of Pangea (e.g., Scotese, 2001). In a recent study (Zhang et al., 2010), we 
constructed a proxy global plate motion for the last 450 Ma to examine 100 the effects 
of Pangea on mantle structure evolution, and showed that our models with this global 
plate motion model reproduce the present-day seismic structure significantly better 
than the models with only 120 Ma plate motion history (McNamara and Zhong, 2005; 
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Bull et al., 2009).  
The main goal of this study is to reconstruct the surface and CMB heat flux 
history since the Paleozoic, using mantle convection models with the plate motion 
history model (Zhang et al., 2010). We are particularly interested in understanding 
how Pangea assembly and breakup influence the surface and CMB heat fluxes and 
their implications for the thermal evolution of the mantle and geomagnetic field. This 
study is organized as follows. Section two describes mantle convection models with 
the plate motion history for the last 450 Ma. Section three presents model results. 
Discussions and conclusions are presented in sections four and five. 
 
 
4.3. Methods and Models 
Our three-dimensional spherical models of mantle convection with the last 450 
Ma plate motion history are the same as that in Zhang et al. (2010). Here we only 
describe the most important aspects of the models. Our models assume an infinite 
Prandtl number and the Boussinesq approximation. The conservation equations of the 
mass, momentum, and energy, and the advection equation of compositions are 
described in Zhong et al. (2008). The models include both the basal and internal 
heating, and employ temperature- and depth-dependent viscosity with a relatively 
weak upper mantle. Some model calculations also include phase changes of 
Ringwoodite to perovskite and perovskite to post-perovskite. The material properties 
and thermodynamic constants are shown at Table 4.1.  
Our models have five controlling parameters: internal heat generation rate H, 
buoyancy number B, Rayleigh number Ra, temperature- and depth-dependent 
viscosity , and surface plate motions (Zhang et al., 2010). Nondimensional internal  
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 Table 4.1. Material properties and constants 
 
Parameters Value 
Earth’s radius, R 6370 km 
Gravitational acceleration, g  9.8 m.s-2 
Mantle density,  3300 kg.m-3 
Thermal diffusivity,  10-6 m2.s-1 
Coefficient of thermal axpansion,  2x10-5 K-1 
Temperature difference, ΔT 2500 K 
Thermal conductivity, k 4 Wm-1K-1 
Clapeyron slope for the 670 km phase boundary -3 MPa/K 
Density jump across the 670 km phase boundary 8% 
Clapeyron slope for the 2700 km phase boundary +8 MPa/K 
Density jump across the 2700 km phase boundary 1.5% 
 
heat generation rate =QR2/ΔT, buoyancy number B=△/△T, temperature- and 
depthdependent viscosity=0(r)exp[E(0.5-T)], and Rayleigh number 
Ra=gΔTR3/r, where Q, , , and are the volumetric heat generation rate, 
density, thermal diffusivity, and coefficient of thermal expansion of the mantle, 
respectively, ΔT is the temperature difference across the mantle, △is the density 
difference between the background mantle and the chemical pile above the CMB, r is 
the reference viscosity and is the lower mantle viscosity at mean mantle temperature, 
g is the gravitational acceleration, R is the Earth’s radius, 0(r) is the depth-dependent 
pre-factor, and T and E are the non-dimensional temperature and activation energy, 
respectively. In our calculations, H is set to be 100, which yields ~60% internal 
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heating ratio for most cases, and E is 9.21, giving rise to viscosity variations of 104 
due to temperature variations. While Ra is chosen to be generally consistent with the 
imposed plate motion, the lower mantle viscosity is also varied to study its effects. 
Details of the model parameters are presented in Table 4.2.  
Our global plate motion model for the last 450 Ma consists of 34 different stages 
and was fully described in Zhang et al. (2010). Our plate motion model for the last 
120 Ma uses the published model by Lithgow-Bertelloni and Richards (1998) and 
Ricard et al (1993). For plate motions before 120 Ma, our model considers realistic 
continental plate motions in the African hemisphere, but for plate motions in the 
Pacific hemisphere, plate configurations are assumed to resemble those at 120 Ma ago 
with divergent plate motions and averaged speed of ~8 cm/year. We note that in the 
plate motion model for the last 120 Ma (e.g., Lithgow-Bertelloni and Richards, 1998), 
the Pacific plates have an averaged speed ranging from 7 to 8 cm/year, except for a 
period between 120 Ma and 80 Ma ago with significantly larger plate motions that 
reach ~12 cm/year at ~95 Ma. However, this time period with large plate motions 
coincides with the Cretaceous Superchron, making the large plate motions not as well 
constrained (e.g., Heller et al., 1996; Rowley, 2002; Cogne and Humler, 2004). The 
assumed divergent plate motions in the Pacific since the Paleozoic are supported by 
geological evidence of accretionary terrains of oceanic origins along the Pacific rims 
(e.g., Safonova et al., 2009), and also by our study (Zhang et al., 2010) that the 
present-day seismic structure is reproduced significantly better with divergent plate 
motions for the Pacific for the last >300 Ma, compared to that with the plate motion 
only for the last 120 Ma (McNamara and Zhong, 2005; Bull et al., 2009). In this study, 
we also vary magnitude of plate motions in the Pacific hemisphere before 120 Ma to 
examine its effects.  
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 Table 4.2. Input parameters and outputs for mantle convection models 
 
Case Ra Grids 0lm1 B I.C. & B.C.2 Phase  
Depth3 
(t1, t2)4 (%)4 qs(mW/m2)4
HF1 2x108 12x643 2.0 0.5 IC1(BC1) - (272,96) 62 73.7 
HF1R 2x108 12x483 2.0 0.5 IC1(BC1) - (272,97) 61 75 
HF2 2x108 12x483 2.0 - IC2(BC1) - (285,130) 51 76.4 
HF3 108 12x483 0.73 0.5 IC1(BC1) - (263,101) 55 75.1 
HF4 2x108 12x483 2.0 0.5 IC1(BC1) 2700 km (268,97.5) 56 74.8 
HF5 2x108 12x482x64 2.0 0.5 IC1(BC1) 670 km (227,98.5) 63 74.6 
HF6 2x108 12x643 2.0 0.5 IC1(BC2) - (282,99) 65 73.0 
0lm is the pre-exponential factor for the viscosity equation for the lower mantle at 670 km depth. The prefactors for the 
lithosphere (i.e., <100 km depth) and for the upper mantle between 100 km and 670 km depths are 1 and 0.0333, 
respectively for all cases. 
2The symbols for initial and boundary conditions. Two different initial conditions, IC1 and IC2, and two boundary 
conditions, BC1 and BC2, are used. IC1 and IC2 use 1D temperature profiles from pre-calculations with free-slip 
boundary conditions with chemical pile and without chemical pile, respectively. BC1 is for the average spreading rate of 
8cm/yr and BC2 represents the average spreading rate of 11 cm/yr for oceanic plates in the Pacific hemisphere before 119 
Ma.  
3Clapeyron slopes for the perovskite to post-perovskite (2700 km) and the Ringwoodite to perovskite (670 km)  phase 
changes are 8 MPa/K, and -3 MPa/K, respectively, and the density jumps across these two phase changes 1.5%, and 8%24, 
respectively. 
4t1 and t2 are the times when the equatorial CMB heat flux reaches the minimum. is the internal heating ratio.qs is the 
present day surface heat flux. 
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The non-dimensional radii for the top surface and bottom (i.e., CMB) boundaries 
are 1 and 0.55, respectively. Isothermal boundary conditions are applied at the surface 
and CMB in all calculations. For velocity boundary conditions, the surface is 
prescribed with time-dependent velocity (i.e., plate motion) while the CMB is a free-
slip boundary. All the cases start with one-dimensional initial temperature profiles 
derived from pre-calculations that use the same model parameters except that the plate 
motion boundary condition is replaced with a free-slip boundary condition. For each 
model run, surface plate motions for the first stage (i.e., 450 Ma) are employed for 
150 Ma before the plate motions are updated with subsequent plate motion history. 
The governing equations are solved with CitcomS (Zhong et al., 2000, 2008). For 
most cases, we use a grid with ~1,330,000 elements (i.e., 12x483 elements, see Zhong 
et al., 2000), but three higher resolution models are also computed (Table 4.2). 
Considering the important effects of seafloor age on the surface heat flux (e.g., 
Lister, 1977; Parsons, 1982), we quantify seafloor age distribution at different times 
in our models. Seafloor age calculation is only dependent on the plate motion model, 
and is computed independently from mantle convection. In practice, we use the tracer 
advection functionality of CitcomS to compute the age. Initially, tracers with zero age 
are assigned to surface elements that have horizontal resolution of 34 km. The 
positions and ages of tracers are updated every time step based on a given time 
increment and the imposed plate motion history. At each time step, a fixed number of 
tracers with zero age are continuously added to elements at divergent plate boundaries 
where the positive divergence is greater than some threshold, and at the same time, 
tracers are removed at convergent plate boundaries with negative divergence. Seafloor 
age for each surface element is computed by averaging ages of all the tracers in that 
element, and the elemental seafloor age is then projected to surface nodes to obtain 
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the seafloor age distribution on a grid. The age of continental regions in our models is 
undetermined. Our forward modeling approach is different from previous efforts in 
deriving seafloor age distribution that often start from the present-day seafloor age 
distribution and integrate backwards on either regional or global scales (e.g., Muller et 
al., 2008; Xu et al., 2006;Conrad and Gurnis, 2003; Wen and Anderson, 1995). 
However, our forward-modeling approach is efficient in using with mantle convection 
models and may also help verify the plate motion model by comparing with present-
day seafloor age distribution. 
 
 
4.4. Results 
In this section, we first present results of the surface and CMB heat fluxes for 
reference case HF1 (Table 4.2). We then examine the influences of different 
parameters including lower mantle viscosity, chemical piles, phase changes, and plate 
motions.  
4.4.1. Surface heat flux for case HF1 
We start with reference case HF1 that has Rayleigh number of 2x108 , and an 
initially 250 km thick chemical layer above the CMB with a buoyancy number B of 
0.5 (Table 4.2). The global average speed for the imposed surface velocity varies 
between ~6.6 cm/year and 4 cm/year from the Paleozoic to the present-day (Fig. 
4.2A). The pre-calculation for this case using free-slip boundary condition yields 
averaged surface motion of 3.6 cm/yr, suggesting that the convective vigor or Ra is 
consistent with the surface plate motion. The depth-dependent pre-factor 0(r) are 1 
and 1/30 for the lithosphere and upper mantle, respectively, and for the lower mantle, 
(r) increases linearly from 2.0 at the 670 km depth to 6.8 at the CMB (Table 4.2 and  
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Figure 4.2. Time dependence of (A) globally averaged plate motions for cases HF1 
and HF6, (B) the globally averaged surface heat fluxes for cases HF1 and HF6, 
averaged heat flux, qsf, and age, τsf, for seafloor younger than 160 Ma, and the 
predicted oceanic heat flux, q1/2, based on the half-space cooling model for the 
case HF1, (C) the globally averaged CMB heat flux for cases HF1 and HF2, and (D) the 
equatorial CMB heat flux for cases HF1 and HF2. In Figure 4.2D, equatorial CMB heat 
fluxes for case HF1 were computed for two latitude bands (10o and 20o on each side 
of the equator), and the two shaded zones represent the time periods for the Kiaman 
and Cretaceous Superchrons.  
 
 
 
Fig. 4.3A) (Zhang et al., 2010). This leads to a mantle viscosity structure in which the 
lower mantle on average is ~2 orders of magnitude more viscous than the upper 
mantle (Fig. 4.3A). With Ra=2x108 and other parameters listed in Tables 4.1 and 4.2, 
the averaged viscosities for the upper mantle and lower mantle are ~4.5x1019 Pas and 
~7x1021 Pas, respectively. The internal heating ratio for this case determined posterior 
from the surface and CMB heat fluxes is ~61% (Table 4.2), implying a significant but  
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reasonable fraction of heating from the core (e.g., Zhong, 2006; Leng and Zhong, 
2008; Hernlund et al., 2005; Bunge, 2005).  
We first present the present-day surface heat flux from case HF1. The calculated 
present-day surface heat flux compares well with the observation (Fig. 4.1A and 
4.1C). The calculated present-day average surface heat flux is 74 mW/m2 (Fig. 4.2B) 
or 38 TW in total, which is slightly higher than the estimated 36 TW for the present-
day mantle heat flux. Our model reproduced the observations of high heat flux at the 
mid-ocean ridges, and low heat flux in continental regions (Fig. 4.1C), although due 
to limited model resolution heat flux at some ridge segments appears too high. Our 
model did not include back-arc spreading plate motions, and consequently did not 
reproduce the observed heat flux highs there.  
The averaged surface heat flux in general correlates positively with the plate 
motions (Fig. 4.2A and 4.2B). Before Pangea assembly that occurred at 330 Ma ago, 
the surface heat flux shows little variation with time, similar to the plate motions. The 
surface heat flux distribution before Pangea formation is characterized by high heat 
flux in the oceanic areas (i.e., the Pacific hemisphere) and low heat flux in the 
continental areas (i.e., the African hemisphere) (Fig. 4.4G). From 330 Ma to 290 Ma 
ago, the average surface heat flux decreases slightly due to the collision between 
Laurussia and Gondwana at 330 Ma ago that leads to the disappearance of oceanic 
lithosphere between these two continents. After 290 Ma, the surface heat flux starts to 
increase due to the opening of the Tethys Ocean (Scotese, 2001; Zhang et al., 2010) 
(Fig. 4.4E). Both the surface heat flux and plate motion reach to their peaks at ~240 
Ma ago. After Ma, Pangea grows gradually as it collides with the China blocks and 
Cimmeria (Turkey, Iran, and Tibet), causing oceanic regions to reduce and hence the 
global average plate motion and surface heat flux to decrease (Fig. 4.2A and 4.2B). At  
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Figure 4.4. Snapshots of the surface heat fluxes and seafloor ages for case HF1 for (A) 
the present day, (B) 110 Ma, (C) 200 Ma, and (D) 350 Ma ago. Seafloor age in black 
regions in the age maps is undefined. Solid and dashed lines in Figure 4.4C-H 
represent continental and oceanic plate boundaries, respectively. The coastlines for 
the present day are also shown in heat flux maps for reference. 
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~190 Ma ago, Pangea starts to break up, and new seafloors at the central Atlantic, 
Indian Ocean, South Atlantic, and North Atlantic are created from 190 Ma to 120 Ma 
(e.g., Fig. 4.4C). This leads to global plate motion to increase and causes the global 
averaged surface heat flux to increase by ~16% during this period (Fig. 4.2A and 
4.2B). For the last 120 Ma, as the oceanic plate motion decreases, the surface heat 
flux decreases steadily to approximately the pre-Pangea breakup value. It should be 
pointed out that the sudden changes in the averaged surface heat flux (Fig. 4.2B) are 
caused by sharp transitions of plate motions from one time frame to next in our plate 
motion model (Zhang et al., 2010).  
The total oceanic heat flux is controlled by seafloor area-age distribution (e.g., 
Parson, 1982). We computed the age distribution of oceanic lithosphere at different 
times based on the plate motion model used in case HF1 (Fig. 4.1D, 4.4D, 4.4F, and 
4.4H). The present-day seafloor age distribution is consistent with the observed 
except for back-arc regions that were not considered in our models (Fig. 4.1B and 
4.1D). The seafloor age distributions mostly reflect the seafloor spreading at various 
stages, for example, the young Atlantic and Indian Oceans at 100 Ma 249 ago (Fig. 
4.4D), and the Tethys Ocean at 200 Ma ago (Fig. 4.4F). We do not interpret the 
seafloor age distributions prior to Pangea formation at 330 Ma, because our plate 
motion model does not include any significant variability for the oceanic plates. The 
agreement with the observed present-day seafloor ages is expected, because they were 
used to derive the plate motion model (e.g., Muller et al., 2008; Lithgow-Bertelloni 
and Richards, 1998). However, we found the need to neglect or reduce the seafloor 
production at the ridge between Pacific and Chatham Rise Plates and the ridge along 
the Izanagi-Pacific plate boundary between 84 and 100 Ma to avoid too young 
seafloor in the western Pacific. This may result from the limited number of plate 
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motion stages in the original plate motion model (e.g., Lithgow-Bertelloni and 
Richards, 1998) or too large plate motions during the Cretaceous Superchron between 
80 and 120 Ma.  
Based on the seafloor age distributions, we determined averaged oceanic heat flux 
(i.e., for seafloor younger than 160 Ma) and seafloor ages for the last 350 Ma (Fig. 
4.2B). Our calculated averaged age of 64 Ma for the present-day seafloor is consistent 
with the observed (Muller et al., 1997; Xu et al., 2006). The averaged seafloor age is 
smallest at ~100 Ma ago after Pangea formation (Fig. 4.2B). The averaged seafloor 
age shows its second minimal at ~230 Ma ago, reflecting the opening of Tethys 
Ocean (Fig. 4.4F). The averaged seafloor age correlates well with the averaged 
oceanic heat flux that reaches maximum when the averaged age is minimal, 
confirming the control of lithospheric age on surface heat flux (Fig. 4.2B) (e.g., Lister, 
1977). The averaged oceanic heat flux for the present-day is ~96 mW/m2 (Fig. 4.2B), 
consistent with the observed 100 mW/m2 (Turcotte and Schubert, 2002; Pollack et al., 
1993). The averaged oceanic heat flux shows the nearly same time-dependence as the 
total surface heat flux (Fig. 4.2B), indicating that the oceanic heat flux predominates 
the total surface heat flux.  
The area-age distributions at 350, 200, and 274 110 Ma ago and for the present-
day all show an approximately triangular form (Fig. 4.5A). Although the triangular 
area-age distributions for 350 and 200 Ma ago simply reflect our assumed plate 
motions for the Pacific plates before 120 Ma, they are consistent with the area-age 
distribution for the present-day seafloor and inferences from observations of eustatic 
sea-level changes (e.g., Parsons, 1982). Finally, a half-space cooling model (e.g., 
Turcotte and Schubert, 2002) is also used to estimate surface heat flux q from ocean 
floors based on the seafloor age  using q  kTl  , where k and are thermal  
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Figure 4.5. Area-age distributions for the observed present-day seafloor (Muller et al., 
1997) and modeled seafloor for the present-day, 110 Ma, 200 Ma and 350 Ma ago (A), 
and the averaged equatorial CMB heat fluxes within four quadrants as indicated in 
Figure 4.6F. In Figure 4.5A, the area-age distributions are computed for 4 Ma age 
bins. In Figure 4.5B, the shaded curve is the global averaged equatorial heat as in 
Figure 4.2D. 
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conductivity and thermal diffusivity (Table 4.1), respectively, and Tl  is the 
temperature drop across the lithosphere and is determined directly from our 
convection model to be 1390 oC (Fig. 4.3B). The oceanic heat flux estimated from the 
cooling model closely follows the actual one but is ~6% smaller (Fig. 4.2B), and the 
difference may be due to sublithospheric small-scale convection (e.g., Davaille and 
Jaupart, 1994; Huang and Zhong, 2005). 
4.4.2. CMB heat flux for case HF1 
The global average CMB heat flux with time for case HF1 is shown in Figure 
4.2C, and the CMB heat flux and temperature distribution at 2835 km depth (i.e., 32 
km above the CMB) at 330, 270, 180, 97, and 0 Ma are shown in Figure 4.6. The 
present-day CMB heat flux is characterized by two low heat flux areas below Africa 
and the central Pacific, and a high heat flux girdle between them (Fig. 4.6I). This 
distribution of CMB heat flux arises because the hot African and Pacific chemical 
piles tend to insulate the core, while the cold downwellings elsewhere in the CMB 
regions enhance the CMB heat flux (Fig. 4.6J). The present-day average CMB heat 
flux is 86 mW/m2 or 13.3 TW in total. Overall, the CMB heat flux after Pangea 
formation shows two important features: the maximum between 110 Ma and 70 Ma 
ago and the minimum between 310 Ma and 240 Ma ago (Fig. 4.2C), and both features 
may be related to the surface tectonic events and hence surface heat flux. The CMB 
heat flux 299 reaches a peak at 330 Ma and then decreases to a low valley at ~310 Ma 
ago, similar to the surface heat flux (Fig. 4.2B and 4.2C). From 310 to 240 Ma, the 
average CMB heat flux remains relatively low at ~78 mW/m2, but increases to 84 
mW/m2 at ~210 Ma ago (Fig. 4.2C). The relatively low CMB heat flux after Pangea 
assembly may result from reduced subduction (e.g., the cessation of subduction 
between Gondwana and Laurussia) following Pangea assembly, while the subsequent  
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Figure 4.6. Snapshots of the CMB heat fluxes (left column) and temperatures at 2835 
km depth (right column) for case HF1 at (A, B) the present day, (C, D) 97 Ma, (E, F) 
180 Ma, (G, H) 270 Ma, and (I, J) 330 Ma ago. The two white lines in each map 
represent 10oS and 10oN latitudes for which our equatorial CMB heat fluxes are 
computed. The purple lines in Figure 6f mark the four quadrants in which equatorial 
heat fluxes are quantified and presented in Figure 4.5B. 
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increase in CMB heat flux may be caused by enhanced subduction associated with the 
opening of Tethys Ocean. Notice that the opening of Tethys Ocean causes a surface 
heat flux maximum at ~240 Ma ago (Fig. 4.2B). After 210 Ma, the CMB heat flux 
remains stable until ~150 Ma ago when it starts to increase to its highest value at ~110 
Ma ago. The CMB heat flux remains high until it starts to decrease steadily at 70 Ma 
ago (Fig. 4.2C). Notice that the surface heat flux starts to increase rapidly at ~170 Ma 
ago, is at its maximum between 120 Ma and 100 Ma ago, and starts to decrease at 
~100 Ma ago (Fig. 4.2B). This suggests that the CMB heat flux is related to the 
surface heat flux and surface tectonics but perhaps with ~30 Ma delay.  
We now focus on the CMB heat flux and lower mantle structures in the equatorial 
regions because of their potential implications for the geodynamo process (Olson et 
al., 2010). The CMB heat flux in equatorial regions is computed within either 10o or 
20o on either side of the equator. The equatorial CMB heat flux has two maxima at 
~330 Ma and 180 Ma ago and two minima at ~270 Ma and ~100 Ma ago (Fig. 4.2D), 
all of which may be related to surface tectonics. The maximum equatorial CMB heat 
flux at 330 Ma is caused by the long-term convergence between Laurussia and 
Gondwana near the equator (Scotese, 2001) that leads to accumulation of cold slabs in 
the equatorial regions of the CMB (Fig. 4.6I and 4.6J). After Pangea is formed and the 
Laurussia-Gondwana convergence ends, the equatorial regions of the CMB below 
Pangea start to warm up, leading to reduced equatorial CMB heat flux between 310 
and 260 Ma (Figs. 4.2D, 4.6G and 4.6H) and possibly also to the reduced total CMB 
heat flux during this period of time (Fig. 4.2C). This is evident in the equatorial CMB 
heat fluxes for four subdivisions of the equatorial regions (quadrants I and II in Fig. 
4.5B are for CMB regions below Pangea).  
The equatorial CMB heat flux gradually increases from 260 Ma to 180 Ma (Figs. 
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4.2D and 4.6E) because of the enhanced subduction and convergence between the 
newly opening Tethys Ocean and Eurasia near the equator (Figs. 4.6F and 4.5B) 
(Zhang et al., 2010; Scotese, 2001). After 180 Ma, Pangea breakup initiates multiple 
continental plates, and particularly the reduced convergence between the Africa-India 
plate and Eurasia (Scotese, 2001) causes the equatorial CMB heat flux to decrease to 
a minimum at ~120 Ma ago and to remain low until ~90 Ma ago (Figs. 4.2D, 4.6C, 
4.6D, and 4.5B). The increase of the equatorial CMB heat flux at ~90 Ma ago results 
from the northward acceleration of the Indian plate (Lithgow-Bertelloni and Richards, 
1998) that causes a more intense subduction (Fig. 4.2D). The equatorial CMB heat 
flux starts to decrease at ~60 Ma ago (Fig. 4.2D), possibly reflecting the global trend 
in the CMB heat flux (Fig. 4.2C). It is interesting to note that the global CMB heat 
flux is at its peak between 110 and 70 Ma (Fig. 4.2C). The minimum equatorial CMB 
heat flux between 120 and 90 Ma (Fig. 4.2D) implies that the CMB heat flux in non-
equatorial or high latitude regions must be significantly elevated during this period of 
time. 
4.4.3. Influences of different parameters on the heat fluxes 
We now present five more cases (cases HF2-HF6 in Table 4.2) in which we 
remove the chemical layer, vary the viscosity structure, add the phase changes of 
Ringwoodite to perovskite and perovskite to post-perovskite, and increase the 
spreading rate for the Pacific oceanic plates, to examine their effects on the heat 
fluxes.  
Case HF2 differs from case HF1 by removing the chemical layer above the CMB. 
The surface heat flux shows similar temporal variations to that for case HF1 (Fig. 
4.7A), suggesting that the surface heat flux is mainly controlled by surface plate 
motions and is insensitive to the chemical layer above the CMB. However, without  
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 Figure 4.7. Time dependence of the averaged surface (A), global CMB (B), and 
equatorial CMB (C) heat fluxes for all the cases. The two shaded zones in Figure 4.7C 
represent the time periods for the Kiaman and Cretaceous Superchrons. 
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the chemical layer on the CMB, mantle temperature immediately above the CMB is 
significantly reduced (Fig. 4.3B), causing the average CMB heat flux to increase by 
~18%, compared to that for case HF1 (Fig. 4.2C). Also the global and equatorial 
CMB heat fluxes for case HF2 shows very different temporal variations compared to 
case HF1 (Fig. 4.2C and 4.2D), again suggesting a significant role of chemical piles in 
the CMB heat flux. Although present day CMB heat flux distribution for case HF2 
shows low heat fluxes beneath Africa and the central Pacific that are similar to that 
for case HF1, the spatial variations for case HF2 are much smaller (Fig. 4.8 and Table 
4.3).  
A potentially important parameter that influences the response of the CMB heat 
flux to subducted slabs is the viscosity contrast between the upper and lower mantles. 
In case HF3, we reduce the lower mantle viscosity by a factor of three (Fig. 4.3A) to 
investigate its effects on the heat flux. It should be noted that the Rayleigh number Ra 
for case HF3 is reduced by a factor two to keep similar convective vigor to case HF1 
(Table 4.2). Except for these two changes, case HF3 is identical to case HF1. The 
temporal and spatial variations of the surface heat flux for case HF3 remain similar to 
those for case HF1 (Fig. 4.7A). Although the global and equatorial CMB heat fluxes 
show similar temporal variations to those for case HF1, they are ~10% higher than 
those for case HF1 (Fig. 4.7B and 4.7C). The enhanced CMB heat fluxes result from 
more vigorous convection in the lower mantle due to the reduced viscosity. 
Importantly, the equatorial CMB heat flux also shows two minima at around 270 Ma 
and 100 Ma ago (Fig. 4.7C).  
Case HF4 has a perovskite to post-perovskite phase change at depth 2700 km 
(Table 4.1), and is otherwise identical to case HF1. The surface heat flux is similar to 
that for case HF1 (Fig. 4.7A). The global and equatorial CMB heat fluxes show  
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Figure 4.8. Snapshots of the long-wavelength (i.e., the first 4 spherical harmonic 
degrees and orders) components of the CMB heat fluxes for cases HF1 (left column) 
and HF2 (right column) at (A, B) 330 Ma ago and (C, D) the present day. The 
spherical harmonic coefficients of these components are shown in supplemental Table 
4.1. 
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Table 4.3. Spherical harmonic coefficients for CMB heat flux at 330 Ma and the present-day for 
cases HF1 and HF2 (in mW/m2). 
330 Ma The present day 
caseHF1 caseHF2 caseHF1 caseHF2 
 
Clm Slm Clm Slm Clm Slm Clm Slm 
Degree l=0 188 - 237 - 195 - 244 - 
m=0 13 - -6 - 7 - 10 - Degree l=1 
m=1 60 -10 28 -13 15 16 -2 10 
m=0 -21 - -7 - 21 - -5 - 
m=1 -5 33 -5 14 3 16 0 11 
Degree l=2 
m=2 8 -17 1 -16 -33 28 -15 -10 
m=0 10 - 2 - -11 - -3 - 
m=1 -12 3 -15 -4 -3 6 -1 -1 
m=2 -1 -6 -4 2 -13 7 -6 4 
Degree l=3 
m=3 3 2 5 -8 -5 -21 -4 4 
m=0 2 - 6 - 7 - -1 - 
m=1 21 -21 19 -16 -1 2 -6 1 
m=2 -24 0 -15 0 2 0 7 4 
m=3 0 -7 -2 -4 -11 8 -1 6 
Degree l=4 
m=4 -2 7 -0.5 4 -9 6 1 -5 
 
similar temporal variations to those for case HF1 but with ~16% higher amplitude 
(Fig. 4.7B and 4.7C). Higher CMB heat fluxes arise because the exothermic phase 
change enhances convective instability near the CMB (e.g., Nakagawa and Tackley, 
2004, 2008; Matyska and Yuen, 2005).  
Case HF5 included a Ringwoodite to perovskite phase change at 670-km depth 
(Table 4.1). The endothermic phase change leads to occasionally ponding of cold 
slabs (hot upwellings) above (below) the phase boundary (Christensen and Yuen, 
1985), as evident in the radial temperature profile (Fig. 4.3B). The ponded materials 
may suddenly flush through the phase boundary, thus enhancing the temporal 
variability of the CMB heat flux (Christensen and Yuen, 1985). This can be seen in 
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the time dependences of global and equatorial CMB heat fluxes (Fig. 4.7B and 4.7C), 
although the surface heat flux remains largely unchanged relative to case HF1 (Fig.  
4.7A). Interestingly, the global CMB heat flux for case HF5 displays a strong minimal 
at ~110 Ma (Fig. 4.7B). The equatorial CMB heat flux still shows two minima at 
~230 Ma and ~100 Ma, but the first minimal occurs ~40 Ma later than that in other 
cases with chemical piles (Fig. 4.7C).  
A significant uncertainty in our models is the plate motions in the Pacific 
hemisphere before 120 Ma. Zhang et al. (2010) found that plate configurations in the 
Pacific hemisphere have relatively small effects on long-wavelength mantle structures, 
provided that the hemisphere is predominated by spreading centers. It is important to 
investigate the influence of different oceanic plate motions on the heat flux, especially 
the surface heat flux. In case HF6, the averaged plate motion for the Pacific 
hemisphere before 120 Ma is increased to 11 cm/year from 8 cm/year in case HF1 
(Fig. 4.2A), and otherwise this case is identical to case 397 HF1. The increased plate 
motions lead to ~13% higher surface heat flux than that for case HF1 before 120 Ma, 
but the surface heat flux after 120 Ma is nearly identical to that for case HF1 (Fig. 
4.2B), further indicating the strong influence of plate motions on the surface heat flux. 
However, the increased plate motions have relatively small effects on the CMB heat 
flux (Fig. 4.7B and 4.7C). The equatorial CMB heat flux for case HF6 also shows two 
lows at 282 and 96 Ma ago, although the heat flux high between these two lows is 
subdued (Fig. 4.7C). 
 
4.5. Discussions 
Our study represents the first attempt to reconstruct Earth’s surface and CMB heat 
flux associated with Pangea assembly and breakup since the early Paleozoic using 3-
 104
D spherical mantle convection models. Our results confirm the dominant role of plate 
motions and seafloor ages in controlling the surface heat flux (e.g., Lister, 1977; 
Parsons, 1982), and other processes such as sublithospheric small-scale convection 
only have secondary roles. Our reference model (i.e., case HF1), using a plate motion 
model for the last 450 Ma (Zhang et al., 2010), reproduces well the present-day 
surface heat flux in both spatial distribution and amplitude. The most robust and 
significant result on the surface heat flux from our reference model is ~16% of surface 
heat flux increase from 190 Ma to 120 Ma ago associated with Pangea breakup and 
the subsequent ~18% decrease of surface heat flux for the last 100 Ma (Fig. 4.2B). 
This indicates that the present-day heat flux is only slightly lower than that at ~200 
Ma ago or before Pangea breakup. Our models show that the assembly and continuous 
existence of supercontinent Pangea may not affect global surface heat flux (Fig. 4.2B), 
provided that oceanic plate motions are kept constant. In fact, the opening of the 
Tethys Ocean causes larger variations in the global surface heat flux than the Pangea 
assembly.  
This temporal variation in surface heat flux correlates well with the average 
seafloor ages (Fig. 4.2B). Two minima in the average seafloor age occur at 100 and 
240 Ma ago, reflecting the young seafloors resulting from the Pangea breakup and the 
opening of the Tethys Ocean, respectively. The area-age distributions in our reference 
model all show approximately triangular forms (Fig. 4.5A). However, compared with 
the present-day observation, our model shows too large seafloor production between 
70 and 110 Ma. Also, the area-age distribution curve for 110 Ma ago shows 
significantly larger seafloor production for 0-15 Ma age band than other ages (Fig. 
4.5A). This most likely reflects the large Pacific plate motions between 80 and 120 
Ma used in the plate motion model (Lithgow-Bertelloni and Richards, 1998). How to 
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improve the fit to the present day area-age distribution is an important future research 
topic.  
Our surface heat flux and seafloor age results necessarily depend on our plate 
motion model, particularly the assumed plate motions for the Pacific plates before 120 
Ma that in our reference case are assumed to resemble the plate configurations at 120 
Ma with a fixed averaged speed of 8 cm/year (e.g., Zhang et al., 2010). If the 
averaged plate motion for the Pacific plates before 120 Ma is increased to 11 cm/year 
(case HF6), the surface heat flux before 120 Ma becomes much higher, while the heat 
flux for the last 120 Ma remains the same, compared to the reference case. This leads 
to a pre-Pangea breakup heat flux that is ~16% higher than the present-day value (Fig. 
4.2B). Eustatic sea-level changes have been used to constrain surface heat flux 
changes (e.g., Turcotte and Burke, 1978), because both are mainly controlled by mean 
seafloor ages (Turcotte and Schubert, 2002). Eustatic sea-level changes show a ~150 
m rise from 200 to 100 Ma and then a fall for the last 100 Ma to the pre-200 Ma level 
(Miller et al., 2005; Haq et al., 1987; Haq and Schutter, 2008; Watts and Steckler, 
1979). This temporal variation in eustatic sea-level changes is similar to that for the 
surface heat flux from our reference case but not to that from case HF6 with larger 
plate motions. Based on the relationship between the eustatic sea-level and surface 
heat flux changes (Turcotte and Schubert, 2002), we suggest that the eustatic sea level 
changes after Pangea formation to the first order support the predicted time evolution 
of surface heat flux from our reference model and the assumed plate motion model for 
the Pacific plates before 120 Ma used in that reference case.  
Time evolution of surface heat flux for the last 140 Ma has also been estimated 
based on reconstructed seafloor age distributions (e.g., Loyd et al., 2007; Becker et al., 
2009). The rapid decrease in surface heat flux for the last 120 Ma from our models is 
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consistent with Loyd et al. (2007) and Becker et al. (2009), but is in disagreement 
with the Grigne et al.’s (2005) proposal that the present-day heat flux is at its 
maximum. Becker et al. (2009) also suggested that the surface heat flux increases 
from Pangea breakup to ~120 Ma ago, based on an assumed periodicity in the 
seafloor production. Korenaga (2007) reiterated the argument of eustatic sea level and 
surface heat flux changes by Turcotte and Schubert (2002) that the surface heat flux 
before Pangea breakup should be comparable to the present-day value. Assuming that 
seafloor age-area distribution for the last 180 Ma resembles that for the present-day, 
Cogne et al. (2006) found that the averaged seafloor age is uniformly small from 40 
Ma to 100 Ma ago with a minimal at 50 Ma, while the averaged seafloor age between 
120 and 180 Ma ago is similar to that for the present-day. Although Cogne et al. 
(2006) only used the averaged seafloor ages to explain the eustatic sea level changes 
and did not attempt to convert the ages to surface heat flux, their results also imply 
that the surface heat flux at 180 Ma ago is similar to the present-day value and that the 
surface heat flux is maximum between 100 Ma and 50 Ma ago. While this result is 
broadly consistent with ours, the occurrence of minimal averaged seafloor age at 50 
M 470 a ago in Cogne et al. (2006) is significantly later than that in our model (i.e., at 
100 Ma ago).  
Our model calculations with dense chemical piles above the CMB show 
consistently that surface plate motions, by organizing mantle convection structure in 
the lower mantle, have significant effects on both the magnitude and distribution of 
the CMB heat flux. Our reference case shows that for the present-day, the CMB heat 
flux is significantly lower below the African and Pacific chemical piles than the 
surrounding regions, because the hot chemical piles tend to insulate the core. This 
CMB heat flux pattern has been used in geodynamo modeling (e.g., Aubert et al., 
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2008; Olson and Glatzmaier, 1996). Global CMB heat flux from most of our models 
displays a maximum from 120 to 70 Ma ago (Fig. 4.7B), while the equatorial CMB 
heat flux displays two clear minima at ~270 Ma and ~100 Ma ago (Fig. 4.7C), all of 
which may be related to surface tectonic events, as discussed in the result section.  
Reduced CMB heat flux or equatorial CMB heat flux may stabilize geomagnetic 
polarities and lead to superchrons (Olson et al., 2010). Over our modeled geological 
time periods, two superchrons, the Kiaman and Cretaceous Superchrons, occurred 
during the time periods of 316-262 Ma and 118-83 Ma, respectively. We found that 
the two minima in the equatorial CMB heat flux at ~270 Ma and ~100 Ma ago and the 
maximum in the global CMB heat flux at ~100 Ma coincide approximately with the 
two superchrons. It should be noted that during the Cretaceous superchron (i.e., 80-
120 Ma ago), the maximum global CMB heat flux and the minimal equatorial CMB 
heat flux from our models suggest that the CMB heat flux in the polar or high latitude 
regions must be elevated significantly. How such a CMB heat flux pattern affects 
geomagnetic polarity reversals has interesting implications for the Cretaceous 
superchron. Taking into account of recent geodynamo studies by Olson et al. (2010), 
we think that the CMB heat flux from our models may help explain the Cretaceous 
and Kiaman superchrons.  
Finally, our models suggest that the dense chemical piles above the CMB have the 
strongest effect on the CMB heat flux. The removal of chemical piles (case HF2) 
leads to more smooth spatial variations with smaller amplitudes in the CMB heat flux, 
although the long-wavelength patterns remain similar (Fig. 4.8). Lassak et al., (2010) 
found that the chemical piles do not affect the amplitude and patterns of CMB 
dynamic topography at long-wavelengths (spherical harmonic degrees and orders less 
than 4). This is similar to our finding here for the CMB heat flux except that we found 
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that the amplitudes differ significantly (Fig. 4.8 and Table 4.3). A perovskite to post 
perovskite phase change near the CMB (case HF4) and a reduced viscosity contrast 
between the upper and lower mantles (case HF3) also greatly enhance the CMB heat 
flux magnitude, because they enhance the relative convective vigor in the lower 
mantle. However, the temporal variations of global and equatorial CMB heat fluxes 
from our models appear to be rather robust, provided that the models include dense 
chemical piles above the CMB. It should be pointed out that numerical resolution has 
only relatively small effects on our results, as shown by case HF1R that with a 
reduced numerical resolution (12x483 elements, Table 4.2) reproduces the temporal 
and spatial variations in the heat flux results for case HF1 but with a slightly (~5%) 
larger amplitude (Fig. 4.7). 
 
4.6. Conclusions 
We have formulated 3-D spherical models of mantle convection with imposed 
plate motion history to reconstruct temporal evolution of surface and CMB heat flux 
since the Early Paleozoic and Pangea era. Our model results can be summarized as 
follows.  
1) Our models reproduce well present-518 day observations of the surface heat 
flux and seafloor age distributions. The models confirm that the surface heat flux is 
mainly controlled by seafloor age and oceanic plate motions, while indicating a 
relatively small role of sublithospheric small-scale convection in the global surface 
heat flux.  
2) Supercontinent Pangea assembly process and the existence of Pangea may not 
have significant effects on the surface heat flux. However, Pangea breakup has major 
influences on the surface heat flux that increases by ~16% from 190 Ma to 120 Ma 
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ago associated with Pangea breakup and decreases subsequently by ~18% for the last 
100 Ma, as global plate motions slow down. This indicates that the present-day heat 
flux is similar to that at ~200 Ma ago or before Pangea breakup. While the amount of 
surface heat flux increase before 120 Ma depends on our assumed plate motions for 
the Pacific plates, this temporal variation is consistent with the eustatic sea-level 
changes since Pangea assembly. 
3) Surface tectonics and plate motions, by influencing the dynamics of subducted 
slabs in the lower mantle, have significant effects on temporal and spatial 
distributions of the CMB heat flux. Our models show that the present-day CMB heat 
flux is relatively low below the African and Pacific superplumes but is high elsewhere 
with subducted slabs. However, the amplitude of these heat flux variations is 
significantly larger when the chemical piles exist above the CMB. 
4) While our models with the chemical piles above the CMB consistently predict a 
maximum global CMB heat flux between 110 Ma and 70 Ma ago, the models also 
show that CMB heat flux in the equatorial regions is relatively low around 270 Ma 
and 100 Ma ago. We note that these two minima in the equatorial CMB heat flux 
coincide with the Kiaman Superchron and Cretaceous Superchron, and suggest that 
our CMB heat flux results may help explain the occurrence of the superchrons. 
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Chapter 5 The vertical motion histories for four cratonic regions 
 
5.1. Summary 
Mantle convection and mantle structures necessarily cause dynamic topography 
at the Earth’s surface. The evolution of the mantle structures hence leads to a dynamic 
topography history. Based on the mantle structure evolution model with the surface 
plate motion history, we compute the temporal variations of global dynamic 
topography for the last 400 Ma, with particular focus on four cratonic regions, i.e., 
Slave Craton of North America, Sao Francisico Craton of South America, Kaapvaal 
Craton of South Africa, and Yilgarn Craton of Australia. We find that associated with 
the Pangea formation, a major mantle downwelling is formed beneath the northern 
part of Pangea (i.e., Laurussia) while large-scale hot upwellings occur beneath the 
southern part of Pangea (i.e., Gondwana). These mantle structures cause North 
America to subside, but Australia, Antarctica, South Africa, and the southern South 
America, to uplift between 350 and 300 Ma. As a result, the Slave Craton subsides 
while Sao Francisico Craton, Kaapvaal Craton, and Yilgarn Craton uplift during this 
period of time. After the Pangea formation, the dynamic topographies of the Slave 
Craton, Sao Francisico Craton, and Kaapvaal Craton are controlled by the subductions 
close to them while the dynamic topography of Yilgarn Craton is controlled by the 
transient large-scale upwellings. After the break-up of Pangea, the dynamic 
topographies of Sao Francisico Craton and Kaapvaal Craton have been supported by 
the African superplume since 150 Ma. With a calculation removing the effect of the 
chemical layer on the CMB, we find that the chemical layer does not influence the 
surface dynamic topography in continents much (e.g., South Africa) while it reduces 
the dynamic topography at oceanic regions (e.g., West Pacific). 
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 5.2. Introduction 
Dynamic topography is commonly defined as surface deflection to compensate 
normal stresses induced mantle convection driven by sub-lithospheric buoyancy 
forces (e.g., Hager and Richards, 1989). The dynamic topography may have relatively 
small magnitude and long wavelength because its driving force, the mantle buoyancy, 
is relatively deep and of large length scale. It is often difficult to distinguish the 
dynamic topography from the actual topography that is mainly controlled by crustal 
and lithospheric structures. However, dynamic topography is transient, while the 
topography associated with crustal and lithosphere structures is static except in 
tectonically active regions. Therefore, the vertical motion history of tectonically stable 
regions, e.g., continental cratons, is ideal for studying the dynamic topography history. 
Of particularly interest is the new observations of long term vertical motion history of 
continental cratons from thermochronometry studies (Flowers and Schoene, 2010; 
Ault at al., 2009) that may be used to constrain the dynamic topography history and 
hence dynamic models of the mantle. 
Previous studies (e.g., Lithgow-Bertelloni and Silver, 1998; Pysklywec and 
Mitrovica, 1999; Spasojevic et al., 2009; Shephard et al., 2010; Gurnis et al., 1998; 
Mitrovica et al., 1996) investigated the vertical motions or the vertical motion 
histories in South Africa, North America, South America, Australia, and East Europe 
using mantle dynamic models. Lithgow-Bertelloni and Silver (1998) using the mantle 
buoyancy structures converted from the seismic tomography model concluded that the 
elevated South Africa is mainly supported by the African superplume. Pysklywec and 
Mitrovica (1999), Mitrovica et al., (1996), and Gurnis et al., (1998) investigated the 
role of the subducted slabs in producing the continental subsidence and stratigraphic 
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records in South Africa, East Europe, and Australia, respectively. Liu et al., (2008), 
Spasojevic et al., (2009), and Shephard et al. (2010) used adjoint models of mantle 
convection to reconstruct the dynamic topography histories in the last 100 Ma for the 
North America and the South America using the seismic and stratigraphic constraints. 
However, the continental dynamic topography history has never been reconstructed 
back to the Paleozoic and hence the influence of the Pangea on the dynamic 
topography is never investigated. 
The key to reconstruct the dynamic topography history back in time is to obtain 
the time evolution of mantle structures. Although mantle convection models with 
plate motion history have been formulated to constrain time evolution of mantle 
structures (e.g., Bunge et al., 1998; McNamara and Zhong, 2005) and surface vertical 
motion history (e.g., Liu et al., 2008; Moucha et al., 2008), no mantle structures and 
hence vertical motion history have been reconstructed to the Pangea era. One 
difficulty in reconstructing mantle structures and dynamic topography history back to 
the Pangea era is the lack of constraints on plate motion history for the Paleo-Pacific 
Ocean before 120 Ma (e.g., Lithgow-Bertelloni and Richards, 1998), although 
continental plate motions in the African hemisphere are well constrained since the 
Paleozoic as in the assembly and breakup of Pangea (e.g., Scotese, 2001). In a recent 
study (Zhang et al., 2010), we constructed a proxy global plate motion for the last 450 
Ma to examine the effects of Pangea on mantle structure evolution, and showed that 
our models with this global plate motion model reproduce the present-day seismic 
structure significantly better than the models with only 120 Ma plate motion history 
(McNamara and Zhong, 2005; Bull et al., 2009). 
The main goal of this study is to reconstruct a model for global vertical motion 
history, with a particular interest in four cratonic regions from North America, South 
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America, South Africa, and Australia since the Paleozoic, using mantle convection 
models with the plate motion history (Zhang et al., 2010). We are particularly 
interested in understanding how the assembly and breakup of Pangea influence the 
vertical motions. This chapter is organized as follows. Section three describes model 
setups and the method for computing the dynamic topography. Section four presents 
model results for dynamic topography. Discussions and conclusions are presented in 
sections five and six. 
 
5.3. Models and Methods 
Our three-dimensional spherical models of mantle convection with the last 450 
Ma plate motion history are the same as that described in Chapter 3 and in Zhang et al. 
(2010). Here we only describe the basic model set-ups for the mantle convection 
models and how the dynamic topography is computed in this study. Our models have 
a Rayleigh number of 2x108. The internal heat generation rate is chosen to yield 
~60% internal heating ratio. The depth-dependent pre-factor 0(r) for mantle viscosity 
are 1 and 1/30 for the 150 km thick lithosphere and the upper mantle, respectively, 
and for the lower mantle, 0(r) increases linearly from 2.0 at the 670 km depth to 6.8 
at the CMB (Table 4.2) (Zhang et al., 2010). This leads to a mantle viscosity structure 
in which the lower mantle on average is ~2 orders of magnitude more viscous than the 
upper mantle. Different with previous chapters, we use a high resolution grid (i.e., 
12x643 elements) for all the cases in this study.  
The model calculations are performed with CitcomS (Zhong et al., 2008) and 
have two steps. First, we use the time dependent mantle convection model with 
surface plate motion history to determine the evolution of the thermochemical 
structures (i.e., the buoyancy structures) of the mantle. Second, for the time period of 
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interest, we compute dynamic topography by re-solving the stokes’ flow problem 
using the mantle buoyancy structures from our first-step calculation. In the second 
step, we also replace the imposed plate motion boundary condition with free-slip 
boundary condition and reduce lithospheric viscosity, as discussed in Davies (1989), 
Zhong and Davies (1999), and Ghosh et al. (2010). The material properties and model 
parameters for scaling the stress and dynamic topography are shown at Table 5.1. 
Because we ignore the ocean layer in our calculations, the surface density contrast is 
the density of the mantle. 
 
5.4. Results 
In this section, we first demonstrate the role of lithospheric and mantle 
buoyancy in topography, thus defining dynamic topography in this study. We then 
present results of the dynamic topography caused by the mantle thermochemical 
structures (i.e., buoyancy structures) below lithosphere for the reference case TG1. 
We examine the influence of the dense chemical piles on the dynamic topography 
with case TG2 excluding chemical buoyancy. Case TG1 is identical to case HF1 from 
chapter 4 (Table 4.2) while case TG2 is the same as case HF2 there (Table 4.2) except 
for its higher resolution (12x643 elements). 
5.4.1. The dynamic topography history from case TG1 
We start with the reference case TG1 that has Ra=2x108 and an initially 250 km 
thick chemical layer above the CMB with a buoyancy number B of 0.5 (Table 4.2). 
This Ra number leads to convective vigor that is consistent with the magnitude of the 
imposed surface plate motion (Zhang et al., 2010). With Ra=2x108 and other 
parameters listed in Table 5.1, the averaged viscosities for the upper mantle and lower 
mantle are ~4.5x1019 Pas and ~7x1021 Pas, respectively. The internal heating ratio 
 115
 
 
 
 
 
Table 1. Material properties  
Parameters Value 
Earth’s radius, R 6370 km 
Gravitational acceleration, g  9.8 m.s-2 
Thermal diffusivity,  10-6 m2.s-1 
Coefficient of thermal expansion,  2x10-5 K-1 
Temperature difference, ΔT 2500 K 
Mantle density,  3300 kg.m-3 
Ocean water density, t 0 kg.m-3 
 
 
 
for this case determined posterior from the surface and CMB heat fluxes is ~61%, 
implying a significant but reasonable fraction of heating from the core (e.g., Zhong, 
2006; Leng and Zhong, 2008; Hernlund et al., 2005; Bunge, 2005). 
5.4.1.1.The model present-day total topography and dynamic topography 
We have demonstrated that our models with plate motion history reproduce well 
the present-day seafloor age and heat flux distributions (Chapter 4, Zhang and Zhong, 
2011) and long-wavelength mantle structures (Chapter 3, Zhang et al., 2010). Given 
that seafloor topography and heat flux are both mainly controlled by lithospheric 
thermal structure or seafloor age (e.g., Parsons and Sclater, 1977), we first compute 
the present-day total topography using our model mantle buoyancy including 
lithospheric structures, and validate our model topography by comparing it with the 
observed seafloor topography.  
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The model present-day topography is generally positive in oceanic regions, but 
broad negative model topography occurs in continental regions (Fig. 5.1A). This is 
because continental lithosphere is generally older and colder than oceanic lithosphere. 
Subduction zones show more localized negative topography with large amplitude, 
because of large negative buoyancy associated with subducted slabs. However, 
because the model does not include continental crust and realistic subduction zone 
processes, this prevents us from directly comparing them with the observed trench 
and continental topography. However, the model topography shows a similar pattern 
to the observed topography in oceanic regions where the topography is high in the 
mid-ocean ridge systems and decreases with distance from the ridges. Using the 
seafloor age determined from Chapter 4, we plot averaged seafloor topography 
against seafloor age for the Pacific (Fig. 5.1E). The topography difference between 
the ridges and ~160 Ma old seafloor is ~2.5 km (Fig. 5.1A and 5.1E), similar to the 
observed (note that our model ignores water). We also compute the topography using 
the model seafloor age based on half-space cooling model (i.e., 


/
)(
2
kt
T
w
wm
m
 , Parsons and Sclater, 1977) (Fig. 5.1E). Here, the w is 
bathymetry, m is the upper mantle density, w is the ocean water density,  is the 
thermal expansion, T is the temperature at the upper mantle,  is the thermal 
diffusivity, and t is the ocean floor age. In plotting topography verse age curve, the 
topography is chosen to be the same as that from the mantle dynamic model at age of 
20 Ma (Fig. 5.1E) because the model lithospheric thermal and buoyancy structures at 
mid-ocean ridges (i.e., very young ages) may not as accurately determined or resolved 
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Figure 5.1. The predicted present-day topographies from the whole buoyancy 
structures (A), the structures within top 200 km (B), the difference between A and B 
(C), the structures without top 200 km (D), and the topography-age comparison to the 
prediction of the half space cooling model (E). 
 
 
as those for the relatively older plates. The topographies from the half-space cooling 
model and from the mantle dynamic model follow the same trend, but the topography 
from the half-space cooling is larger (Fig. 5.1E). This is similar to how the observed 
seafloor topography compares with the half-space cooling model, and the difference is 
often called as dynamic topography or residual topography (e.g., Davies, 1999; 
Panasyuk and Hager, 2000).  
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The lithospheric structure and buoyancy are largely responsible for the model 
topography in Fig. 5.1A. To demonstrate this, we compute model topography with 
mantle and lithospheric buoyancy for the top 200 km (Fig. 5.1B), noticing that the top 
200 km here includes the 150 km thick lithosphere and 50 km viscosity transition 
zone in our model. The model topography using the buoyancy for the top 200 km is 
similar in both amplitude and pattern to that determined from the whole mantle 
buoyancy, but the amplitude of topographic depression in subduction zones is much 
smaller in the model with no mantle buoyancy below 200 km depth. The topography-
age relation for the Pacific from the model with the buoyancy for the top 200 km (i.e., 
lithospheric buoyancy) is more similar to that for the half-space cooling model (Fig. 
5.1E). The difference between topographies in Fig. 5.1A and 5.1B reflects the 
contribution from the mantle buoyancy below 200 km depth, i.e., the dynamic 
topography that is shown in Fig. 5.1C. For the Pacific, the dynamic topography is on 
average ~400 m, occurring mostly for seafloor older than 60 Ma (Fig. 5.1E). 
The dynamic topography can also be computed directly from mantle buoyancy 
below 200 km depth by solving the Stokes' flow problem (Fig. 5.1D), using the same 
viscosity structure. This dynamic topography map is nearly identical to the dynamic 
topography in Fig. 5.1C determined by differencing Fig. 5.1A and 5.1B. Therefore, 
for computing dynamic topography at different times, we will simply use mantle 
buoyancy below 200 km depth, as done in most previous dynamic topography studies 
(e.g., Hager and Richards, 1989). 
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Figure 5.2. The dynamic topographies (left), mantle buoyancy structures at 300 km 
depth (middle), and mantle thermal structures at 2600 km depth (right) for time stages 
330 Ma (A, B and C), 250Ma (D, E, and F), 150Ma (G, H, and I), 100Ma (J, K, and 
L), 50 Ma (M, N, and O), and the present day (P, Q, and R). The four purple symbols 
mark the movements of four cratons. The star, diamond, square, and circle mark the 
motions of the Slave Craton, Sao Francisco Craton, the Kaapvaal Craton, and the 
Yilgarn Craton, respectively.    
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Figure 5.3. The power spectra of the dynamic topographies for 330 Ma, 150 Ma, and 
the present day based on case TG1. 
 
 
 
5.4.1.2. The dynamic topography history 
Based on the evolution of the mantle structures of case TG1, we quantify the 
history of the dynamic topography from 400 Ma to the present day. The dynamic 
topography, buoyancy structures at 300 km depth, and mantle temperature at 2600 km 
depth at 330 Ma, 250 Ma, 150 Ma, 100 Ma, 50 Ma, and the present day are presented 
in figure 5.2. The power spectra of the dynamic topography for 330 Ma, 150 Ma, and 
the present day are presented in figure 5.3. Generally, the calculated dynamic 
topographies are controlled by the large-scale mantle structures, especially the 
distributions of the cold downwellings. There is no cold downwelling in the central 
Pacific in our model (Fig. 5.2 right column) while the distributions of the cold 
downwellings in the African hemisphere and circum-Pacific regions vary significantly 
with time, as a result of plate motion history (Chapter 3).  A major mantle 
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downwelling develops in the African hemisphere and pushes the chemical piles 
towards the Pacific hemisphere during the Pangea formation as a result of 
convergence between Gondwana and Laurussia (Figs. 5.2B and C). After the Pangea 
formation and the cessation of convergence between Gondwana and Laurussia, the 
African hemisphere mantle gradually warms up, as the circum-Pangea subduction 
pushes part of the hot chemical piles back to the African hemisphere (Fig. 5.2F), 
while the opening of the Tethys Ocean after 290 Ma causes strong return flows in the 
mantle beneath Laurussia (Fig. 5.2E). As Pangea starts to break up at 195 Ma, the 
subduction at the southeast side of Pangea has already separated the African 
superplume from the Pacific superplume and swept the African superplume westward 
to eventually form the two superplume structure as imaged seismically for the 
present-day mantle (Figs. 5.2 I, L, O, and R).  
We now discuss dynamic topography at different times and their time 
dependence. Dynamic topographies at different times in general reflect the mantle 
structures in that dynamic topography highs (lows) occur above the broad upwellings 
(downwellings). For the present-day, two major topography highs occur in the central 
Pacific and southwest Africa and its adjacent oceans (Figs. 5.1D and 5.2P). These two 
topography highs are related to the Pacific and African superplumes (Fig. 5.2R). The 
Pacific topography high is responsible for the reduced topography at relatively old 
seafloor relative to the predicted topography from the half-space cooling model (Fig. 
5.1E). These results on Pacific and African topographic highs are broadly consistent 
with previous studies of dynamic topography that use buoyancy structures derived 
from seismic models (e.g., Lithgow-Bertelloni and Silver, 1998; Hager and Richards, 
1989; Davies, 1999). However, our model represents the first effort in deriving mantle 
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buoyancy structures from thermo-chemical mantle convection with long-term plate 
motion history. 
Two distinct features in dynamic topography deserve some more discussions. 
First, at 330 Ma, there is a broad, significant depression in Laurussia, particularly on 
its southwest part, i.e., now North America (Fig. 5.2A). This is related to the major 
downwelling below Laurussia that develops as Pangea forms (Fig. 5.2C). However, 
dynamic topography in the southern part of Pangea (i.e., Gondwana) shows mostly 
topography high at this time, again reflecting the relatively warm mantle below. Since 
most continents are located in this region, the dynamic topography at this time is 
important for understanding dynamic topography history at different continents to be 
presented later. Second, as a result of assumed model plate motion history, the Pacific 
hemisphere is always dominated by mostly major upwellings (Figs. 5.2C and 5.2R) 
and broad topography highs. However, mid-ocean ridges are often associated with 
reduced dynamic topography, relative to other parts of the Pacific (e.g., Fig. 5.2P). 
This seemingly non-intuitive result reflects the fact that the spreading centers are 
passive, and that the warm mantle occurs below the relatively old part of oceanic 
plates due to the mantle upwellings there or/and lithospheric insulation. Finally, the 
dynamic topographies have very long wavelengths. Their most powerful wavelengths 
concentrate on degrees one to four (Fig. 5.3). 
Now we describe the tempo-spatial variations of dynamic topography for 
continents in the African hemisphere for case TG1. Generally, the formation of 
Pangea at 330 Ma leads to a large topography low in its northern part and a large 
topography high in its southern part (Fig. 5.2A). Therefore, the North America, 
Europe, and Siberia have a topography low while Africa, Antarctica, India, and 
Australia have a topography high in that period of time (~330 Ma). After the 
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formation of Pangea, the cessation of subduction between Gondwana and Laurussia 
and warming up of the mantle below Laurussia lead to significant uplift of North 
America and Europe between 330 Ma and 250 Ma (Figs. 5.2D and G). Also, after 330 
Ma, the circum-Pangea subduction and subduction from the Tethys Ocean determine 
the topography lows in different continents. The subduction between the Paleo-
Farallon plate (Fig. 3.2E) and North America causes a topography low in the western 
North America since 250 Ma (Figs. 5.2 D, G, J, M, and P). The subduction between 
the Paleo-Pheonix plate (Fig. 3.2E) and South America causes a topography low in 
the western South America and, sometimes, in South Africa (e.g., Fig. 5.2 G). The 
subduction between the Paleo-Izanagi plate (Fig. 3.2E) and Siberia, and the 
subduction from Tethys Ocean (Fig. 5.2D) cause a topography low in Siberia from 
250 to 150 Ma. In contrary, the India and Australia stay far away from major 
subduction zones before 100 Ma and maintain dynamic topographic highs during this 
time (Figs. D, G, and J). However, they start to subside after they collide with Eurasia 
and Pacific plates (Figs. 5.2 M and P). 
We choose four representative cratonic regions Slave Craton, Kaapvaal Craton, 
Sao Francisco Craton, and Yilgarn Craton from North America, South Africa, South 
America, and Australia, respectively and track their time-dependent dynamic 
topographies. We choose one circle with a radius of 2.5 degree inside each craton to 
calculate the average dynamic topography. The centers of these four circles in 
different cratons are shown in the left column of figure 5.2. Their dynamic 
topography histories are presented in figure 5.4. It is clear that the Slave Craton has 
been influenced by the major downwelling between Laurentia and Gondwana when 
Pangea formed. After Pangea formation, the Slave Craton is uplifted significantly, but 
the uplift is mostly completed at ~240 Ma (Figs. 5.2E and F, and 5.4). The temporal  
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Figure 5.4. The dynamic topography histories based on case TG1 for four selected 
cratonic regions from North America, South Africa, South America, and Australia. 
 
 
 
variations of the dynamic topography for Kaapvaal Craton and Sao Francisco Craton 
are very similar because they are geographically close to each other. We present their 
dynamic topography histories together. During Pangea formation, the dynamic 
topography of Sao Francisco Craton is lower than that of Kaapvaal Craton  
because Sao Francisco Craton is close to the Paleo-Phoenix subduction and the major 
downwelling between Laurentia and Gondwana (Figs. 5.2 A) while the Kaapvaal 
Craton is only influenced by the the Paleo-Phoenix subducting slab (Fig. 5.2A). As 
Gondwana rotates during the Pangea period, the position changes of these two cratons 
relative to the Paleo-Phoenix subduction lead to the continuous uplift for Sao 
Francisco Craton and the subsidence then to uplift for Kaapvaal Craton before 200 
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Ma (Figs. 5.2D and 5.4). When Pangea starts to break up and South America moves 
west at 195 Ma, the more intense convergence between the Paleo-Phoenix plate and 
the southwestern part of Gondwana (Fig. 3.2H) causes topography lows in Sao 
Francisco and Kaapvaal Cratons (Fig. 5.2G). After the Africa superplume moves west, 
these two cratons keep uplifting to the present day. The dynamic topography history 
of Yilgarn Craton is kind different with previous three cratons because it is far away 
from any subduction before 100 Ma (Figs. 5.2 A, D, G, and J). The Yilgarn Craton is 
supported by the upwellings beneath the south side of Gondwana before Pangea 
formed (Fig. 5.2A). After Pangea formation, the dynamic topography of Yilgarn 
Craton is controlled by the gradually westward moving Africa superplume (Figs. 5.2 
F, I, and L). After 50 Ma, it departs far away from the African superplume and keeps 
subsiding to the present day.    
5.4.2 The dynamic topography history from case TG2 
Case TG2 is a pure thermal convection case. The dense chemical layer is 
removed to examine its influence on the surface dynamic topography. The dynamic 
topography, the mantle temperature at 300 km depth at 330 Ma, 150 Ma, and the 
present day, and the time-dependences of the dynamic topography for four cratons are 
presented in figure 5.5. They show some similarities to these from case TG1 but also 
some different aspects. The clear difference in topography is that the topography 
highs in the oceanic regions have larger magnitudes than those from case TG1 (Figs. 
5.5A, C, and E). The comparison of the topography histories for these four cratons 
between cases TG1 and TG2 shows large similarity (Figs. 5.4 and 5.5G). The 
differences include that 1) the dynamic topography of Slave Craton at 150 Ma in case 
TG2 is much lower than that in case TG1 (Figs. 5.5C and 5.2G) and 2) the dynamic 
topographies of Sao Francisco and Kaapvaal Cratons at 330 Ma in case TG2 are 
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Figure 5.5. The snapshots of the dynamic topographies (left of the top panel), mantle 
thermal structures at 300 km depth (right of the top panel) for time stages 330 Ma (A 
and B), 150 Ma (C and D), and the present day (E and F), and the dynamic 
topography histories for four selected cratonic regions from North America, South 
Africa, South America, and Australia (G) based on case TG2. 
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higher. It seems that the effect of the major downwelling between Laurussia and 
Gondwana does not extend into Gondwana as much as that in case TG1. 
 
5.5 Discussions 
Our models predict the North America has gone through a large subsidence 
during the Pangea formation. It is understandable because North America was 
surrounded by two strong subduction zones, i.e., the Paleo-Farallon subduction from 
the west and the Gondwana subduction from the south. The dynamic topography of 
South Africa in our models shows a low before 260 Ma due to the subducting slab 
from the Paleo-Phoenix plate. This finding is consistent with the previous studies 
(Pysklywec and Mitrovica, 1999; Gurnis, 1993) and the stratigraphic record in Karoo 
Basin (Johnson et al., 1996). The subduction-induced tilting mechanism has been used 
widely (Gurnis, 1993) to explain the extensive flooding of the margins of Pangea.  
 One potential deviation of the dynamic topography from our model prediction 
may be caused by the unknown slope of the subducting slabs. The cold slabs in our 
models are all subducting with an almost 900 angle while the evidences show that the 
subducting angles for Farallon and Nazca plates are very small (Bunge and Grand, 
2000; Liu et al., 2008; Sherphard et al., 2010). Although the change of the subducting 
angle of the cold slabs may change the dynamic topography on the continent to ~one 
hudrend meters, the change of the subducting angle can not change the sign of the 
dynamic topography (Mitrovica et al., 1989). Our results should be valid to the first 
order. 
Recently, burial-unroofing histories for Slave and Kaapvaal Cratons have been 
reconstructed by thermochronometry technique (Flowers and Schoene, 2010; Ault et 
al., 2009). For a simple trend comparison, we put our calculated dynamic topography 
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histories for Slave and Kaapvaal Cratons, and the burial-unroofing histories from 
these studies together (Fig. 5.6). Comparing the trends of our curves with the time-
dependent temperature variations of these two cratons, we can make a first order 
estimate for our calculations. Generally, our dynamic topography history for Slave 
Craton is consistent with the trend of the temperature variation, especially the curve 
from case TG1, while our dynamic topography history for Kaapvaal Craton does not. 
The subsidence of Slave Craton before Pangea formation is clearly shown in burial-
unroofing history. The difference of the trend of the dynamic topography to the 
burial-unroofing history at Kaapvaal Craton occurs during 250-200Ma. Our prediction 
shows an uplift at Kaapvaal Craton due to its departure away from the Paleo-Phoenix 
subduction during this Period while the burial-unroofing history does not. Whether 
this dynamic topography high occurs in this period needs more investigations with the 
information of the more accurate subducting angle. 
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Figure 5.6. The trend comparisons between burial-unroofing reconstructions and our 
calculated dynamic topography histories for Slave Craton (A) and Kaapvaal Craton 
(B). The blue and red curves are from cases TG1 and TG2, respectively. Two burial-
unroofing reconstructions are from Ault et al. (2009) and Flowers & Schoene (2010).  
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 5.6 Conclusions 
We investigate the dynamic topography histories for four major continents, 
especially four cratonic regions. Our results can be summarized as following: 
1) The Pangea formation causes North America and hence the Slave Craton to 
subside largely, while the Australia (the Yilgarn Craton), South Africa (the Kaapvaal 
Craton), and the southern South America to uplift during 350 to 300 Ma. 
2) After the Pangea formation, the dynamic topographies of the Slave Craton, 
Sao Francisico Craton, and Kaapvaal Craton are controlled by the subductions close 
to them while the dynamic topography of Yilgarn Craton is controlled by the transient 
large-scale upwellings. 
3) After the break-up of Pangea, the dynamic topographies of Sao Francisico 
Craton and Kaapvaal Craton have been supported by the African superplume since 
150 Ma. The Yilgarn Craton keeps subsiding because it gradually leaves the transient 
large-scale upwellings and the newly generating mid-ocean ridges away. 
4) The chemical layer does not influence the surface dynamic topography in 
continents much (e.g., South Africa) while it reduces the dynamic topography at 
oceanic regions (e.g., West Pacific).  
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Chapter 6 Conclusions 
 
The main ideas of this study originate from the degree 1-2-1 cyclic model for 
the evolutions of the terrestrial planets with the relatively weak upper mantle and 
moderate strong lithosphere. When combining this conceptual model with the 
reconstructed Earth’s plate motion history, I investigate the evolutions of the 
supercontinents, the mantle structures, the heat transports, and the surface vertical 
motions for the Earth since the early Paloezoic, which provides better understanding 
for the evolutions of the surface and the mantle of the Earth.  
First, by investigating processes of supercontinent formation using a stochastic 
model and mantle dynamic models, we conclude that the supercontinent formation is 
less likely to be a stochastic process. Our stochastic modeling calculations suggest 
that the assembly time of a supercontinent is 1,200-1,900 Ma based on the averaged 
speed for the present-day continental motion while the assembly time of a 
supercontinent based on the convection with intrinsically degree-1 thermal structure is 
~250 Ma. Compared with the time scale of ~300-400 Ma for continental assembly 
inferred for Pangea and Rodinia, we suggest that the mantle convection with intrinsically 
degree-1 thermal structure can form the supercontinent in such a time scale and may be 
the mechanism controlling the supercontinent cycle. 
Second, through our reconstructed plate motion history, we quantify the evolution 
of the mantle structures and conclude that the mantle has gone through degree 1 to 2 
structrues since the Pangea era. Our results show that the mantle in the African 
hemisphere around the Pangea time is predominated by cold downwellings. The present-
day African superplume structure may not have been formed until ~100 Ma after Pangea 
formation, as a result of upwelling return flow in response to the circum-Pangea 
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subduction. Our results is based on a assumption in our reconstructed plate motion history 
that the oceanic plates in the Pacific hemisphere before 119 Ma is divergent from each 
other similar to that at 119 Ma. This assumption should be valid for ~300 Ma based on 
our examination and the eustatic sea-level records. Whether it can be valid even longer 
needs more geological investigations. 
Third, with the evolution of the three-dimensional mantle structures constrained by 
the plate motion history, we investigate the heat transports at the surface of the Earth and 
CMB. We conclude that 1) for the surface heat flux evolution, supercontinent Pangea 
assembly process and the existence of Pangea may not have significant effects on the 
surface heat flux. However, Pangea breakup has major influences on the surface heat flux 
that increases by ~16% from 190 Ma to 120 Ma ago associated with Pangea breakup and 
decreases subsequently by ~18% for the last 100 Ma, as global plate motions slow down 
and 2) for the CMB heat flux evolution, two minima in the equatorial CMB heat flux 
coincide with the Kiaman Superchron and Cretaceous Superchron, and suggest that our 
CMB heat flux results may help explain the occurrence of the superchrons. 
Forth, still based on the evolution of the three-dimensional mantle structures, we 
quantify the dynamic topography histories for Slave Craton, Sao Francisco Craton, 
Kaapvaal Craton, and Yilgarn Craton selected from North America, South America, 
South Africa, and Australia, respectively. We conclude that the Slave Craton subsided 
when the major downwelling occupied the mantle beneath North America, while Sao 
Francisco Craton, Kaapvaal Craton, and Yilgarn Craton were supported by the large scale 
upwellings in the mantle beneath the very south of Pangea around 330 Ma during Pangea 
formation. After Pangea formed, Slave Craton started to uplift as the major downwelling 
heated up with time and were controlled by the subductions close to it. Sao Francisco 
Craton and Kaapvaal Craton kept uplifting due to the returning African Superplume. The 
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dynamic topography of Yilgarn Craton at the western Australia is controlled by the 
transient large-scale upwellings and the newly generating mid-ocean ridges. 
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